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The land plays a critical role in the coupled Earth System. While it is intuitive to think of
the impact of climate on the vegetated land surface, it is also true that changes in land surface
properties can modify climate, on both local and global scales. Land surface properties such
as albedo, evaporative resistance, and aerodynamic roughness modulate fluxes of energy to
the atmosphere. Albedo controls how much incoming shortwave radiation is absorbed by
the land surface, and thus how much energy must be either stored by the land surface,
or returned to the atmosphere in the form of longwave radiation, sensible heat, or latent
heat flux (evaporation). Evaporative resistance modifies the partitioning of turbulent energy
fluxes between sensible and latent heat, thus modifying the amount of moisture fluxed from
the land to the atmosphere. Aerodynamic resistance effects the efficiency of turbulent mixing
with the atmosphere.
While the general role of each of these surface properties in the surface energy budget
is understood, it is not known which of these surface properties has the largest impact on
the climate experienced by the land surface, or where each of these surface properties plays
the largest role in influencing surface climate. Moreover, changes in any one of these surface
properties can modify the climate experienced by the land surface both directly - that is,
simply by changing the magnitude of individual surface energy fluxes - and indirectly, by

driving atmospheric feedbacks. Atmospheric feedbacks are responses of the atmosphere to
initial changes in surface fluxes, which can then feedback on the surface energy budget, both
locally and remotely - that is, a change in the land surface in one location can modify the
surface energy budget in remote regions, via ecoclimate teleconnections.
In this dissertation, I separate and quantify the role of each of three individual surface
properties associated with vegetation change - albedo, evaporative resistance, and aerodynamic resistance - using an idealized land surface model (the Simple Land Interface Model,
SLIM) coupled to a complex Earth System Model. Additionally, I separate and quantify
the magnitude of change in surface climate coming directly from the land surface, and the
magnitude of change coming from atmospheric responses to those initial changes in the land
surface.
Albedo:
I show that albedo has the largest direct impact on land surface temperatures and energy fluxes in regions that are sunny and dry, such as the sub-tropics. Albedo plays a less
important direct role in high latitudes because there is less insolation (thus, the same change
in albedo leads to a smaller change in absorbed energy than it would at a lower latitude).
Albedo leads to increased energy absorption in the tropics, but does not directly lead to
a large amount of warming, as the moist tropics can shed excess absorbed energy through
evaporation (latent heat flux), rather than surface warming.
Decreasing land albedo leads to more total energy absorbed by the land system, and thus
released to the bottom of the atmosphere. As such, darkening the land surface leads to a
net divergence of energy transport by the atmosphere away from the continents towards the
ocean. In some regions, such as off the west coast of South America, this energy convergence
over the oceans leads to increased low cloud cover.
Historical changes in albedo resulting from vegetation change lead to both warming and
cooling regional temperature signals, primarily resulting from afforestation of abandoned

cropland in the mid-latitudes, and deforestation for agriculture in the tropics.
Evaporative Resistance:
Evaporative resistance does not directly control the total amount of energy absorbed
by the land surface; it controls the partitioning between sensible and latent heat fluxes. I
show that the direct effect of changes in evaporative resistance has the largest impact on
surface temperatures and fluxes in regions with larege latent heat fluxes - that is, areas with
substantial water available on the land surface and large amounts of energy absorbed by the
land surface, such as the tropics. However, I show that the effect of evaporative resistance
on land surface climate is greatly amplified by atmospheric interactions - in particular, by
changes in cloud cover. I show that changes in evaporative resistance have the largest impact
on terrestrial temperatures over the northern mid-latitudes, where reduced land evaporation
leads to reductions in low cloud cover, which in turn lead to increased sunlight reaching the
land surface in these regions. The increased solar radiation reaching the land surface is the
largest driver of warming in response to evaporative resistance.
I demonstrate that changes in evaporative resistance can lead to large-scale changes
in atmospheric energy transport. However, atmospheric energy transport only responds
to changes in evaporative resistance over regions where there are strong cloud feedbacks
to modified evaporation from the land surface. It is the cloud feedback that allows for
evaporation to modify the total amount of energy absorbed by the land surface - and thus
released back to the base of the atmosphere.
Historical land use change has resulted in substantial changes in evapotranspiration in
Earth System Models. Using SLIM, I show that the modeled changes in evapotranspiration
between 1850 and 2000 are responsible for more surface temperature change than the changes
in albedo driven by vegetation change over the same period.
Surface Roughness:
Changes in surface roughness change how efficiently the land can exchange energy with the

atmosphere through turbulent mixing. I show how changes in the aerodynamic roughness
of the surface (which varies with vegetation height and patchiness) strongly control the
radiative skin temperature of the land surface, but have a much weaker influence on the 2m
air temperature. Unlike albedo and evaporative resistance, atmospheric feedbacks to changes
in surface roughness do not play a large role in controlling the pattern and magnitude of the
response of surface temperatures and fluxes to changes in surface roughness.
Because surface roughness does not modify the total amount of energy absorbed by the
land surface, changes in surface roughness have very little impact on large-scale atmospheric
circulation. However, I show that changes in surface roughness do have strong impacts on
near-surface wind speeds.

This work clearly demonstrates the importance of atmospheric feedbacks to change in
the land surface, and quantifies the effects of individual land surface properties on the larger
climate system.

Outline:
Chapter 1 provides relevant background knowledge relating to land-atmosphere interactions. Chapter 2 is a detailed description of the Simple Land Interface Model, which
was developed in order to address the issue of separating the individual effects of different
land surface properties associated with vegetation. Chapter 3 explores the sensitivity of
the climate system to incremental idealized, global-scale changes in individual land surface
properties, with a particular focus on the surface energy budget. Chapter 4 considers the
effects of idealized land surface property changes on large-scale atmospheric circulation using
both a complex and an idealized Earth System Model. Chapter 5 focusses on the pattern of
land surface property change associated with historical vegetation change from 1850 to the
present day.
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Chapter 1
INTRODUCTION
Land covers approximately 30% of the Earth’s surface, and maintains many diverse
ecosystems and habitats. Understanding the climate of terrestrial regions, and how changes
to the land surface itself may modify terrestrial climate, is hugely important for both human
and natural systems. This dissertation is a study of how changes in specific land surface
properties can modify the climate of terrestrial regions directly, and through atmospheric
feedbacks to the land surface driven by initial land surface changes.
1.1
1.1.1

A background to land-atmosphere interactions
Vegetation and surface fluxes: energy, water, and carbon

The type of land cover on the land surface controls various surface properties including, but
not limited to: albedo (how reflective the land is), aerodynamic roughness, how difficult it
is to evaporate water, the total amount of water that can be stored in the land, and the
heat capacity and thermal resistance of the land surface (functions of soil properties and soil
moisture) [Bonan, 2015]. These surface properties modulate the magnitude of fluxes in the
the surface energy budget.
The surface energy budget itself is comprised of 5 main terms. These can be expressed
as net energy fluxes of: shortwave radiation, longwave radiation, sensible heat, latent heat,
and storage.
How much shortwave radiation is absorbed by the land surface is directly related to the
albedo of that surface. The net flux of longwave radiation at the surface is a function of
the emissivity and radiative skin temperature of the surface. Turbulent fluxes - latent heat
and sensible heat - are both modulated by the aerodynamic roughness of the surface, which
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controls how efficiently turbulent mixing between the surface and air can occur. Sensible
heat fluxes are also modulated by the gradient in temperature between the land surface
and the air above. Latent heat fluxes are modulated by the gradient in humidity between
the land surface and the air above, as well as by the various properties of the land surface,
which control how difficult it is to remove water from the land. These include: the stomatal
resistance of vegetation - that is, how open or closed the stomata on the leaves are; the
total leaf area; the availability of moisture in the soil; and the access vegetation has to
the moisture in the soil (e.g. how deep the vegetation’s roots go, and if those roots are
deep enough to reach water stored deep in the soil). Energy not partitioned into shortwave,
longwave, sensible, or latent heat flux is either associated with storage of heat in the ground
(soil or snow, i.e. warming or cooling of the soil/snow column, or associated with snow/ice
melt). Properties of the soil including soil type (sand, clay, and organic matter content)
and water content impact how much heat the land can store, and how quickly that heat is
taken up or released [Monteith and Unsworth, 1990]. Unlike the ocean, the land surface has
a relatively low heat capacity, and over sufficiently long timescales (e.g. over the course of
1 annual cycle), releases as much energy as it absorbs [Bonan, 2019]. Heat storage by land
over the diurnal cycle is small [Monteith and Unsworth, 1990, Bonan, 2019], but seasonally,
the land generally absorbs energy over the course of the summer, and releases that energy
during the winter and spring [Whitlow, 1990].
Albedo - and thus the net amount of shortwave energy absorbed by the land surface varies with land cover type. For instance, needleleaf evergreen trees, such as those found in
the boreal forest, are much darker (albedo of 0.05-0.15) than grasslands (albedo of 0.16-0.26),
or broadleaf trees (albedo of 0.15-0.20) [Oke, 1987]. Soil albedos range from 0.05 (for dark,
wet soils) to 0.4 (for light, dry soils) and up to 0.45 for deserts [Oke, 1987]. This difference
in the albedo of various land cover types means that certain land surface can be absorbing
up to 8 times more solar energy than others given the same amount of incident sunlight.
Including the effects of snow (which can have albedos of up to 0.95 [Oke, 1987]) can result
in most of the solar radiation being reflected away from, rather than absorbed by, the land
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surface. With all else held equal, a darker surface would absorb more energy than a brighter
one, and have a higher surface temperature.
The evaporative resistance of the land surface also varies across vegetation types. Certain
crops can have canopy-level stomatal resistances as low as 20 s/m, while species such as Jack
Pine can have resistances in excess of 1000 s/m [Bonan, 2015]. Additionally, soil depths and
properties influence the total amount of water stored by the land surface or lost to runoff
[Whitlow, 1990]. Increasing the resistance to evaporation on the land surface in places with
water in the soil results in reductions to the magnitude of the latent heat flux - which
must be compensated for by increases in other surface energy fluxes. Typically, evaporative
resistance can be thought of as controlling the partitioning of energy between sensible and
latent heating.
Different types of vegetation have markedly different heights; some grasses are as short
as a few centimeters, while some trees can reach 100m in height. Both the height and how
‘patchy’ the vegetation is contribute to the aerodynamic resistance of the land surface, which
in turn modulates turbulent exchange between the land and the atmosphere [Bonan, 2019].
The more aerodynamically rough the land surface is, the larger the turbulence generated by
winds interacting with the surface.
These various surface properties each influence different aspects of the surface energy
budget, and have different impacts on the atmosphere. Changes in surface energy fluxes can
impact the atmosphere both locally, through land-atmosphere coupling modifying things
like local air temperature, humidity, and cloud cover, and remotely, by modifying large-scale
atmospheric circulation through as a result of changes in large-scale energy gradients.

1.1.2

Land-atmosphere coupling

Early land surface models
Early global climate models (GCMs), such as that of Manabe (1969), had very simple representations of the land surface, where the land differed from the ocean in that it could
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store only limited amounts of water, did not evaporate that water as easily as an open water
surface (i.e. and ocean) could, had a brighter albedo, a larger aerodynamic roughness, and
a reduced heat capacity [Manabe, 1969]. Some models included simple representations of
snow, or spatially varying soil properties, which modified the thermal properties of the land
surface (e.g. the LM2 model [Anderson et al., 2004]). Using these early models, various land
surface properties were shown to have the ability to modify the behavior of the atmosphere.
Vegetation impacts climate
Charney et al. [1975] showed that the albedo of the Sahara could modify rainfall over northern
Africa. Shukla and Mintz [1982] used a GCM to show that the evapotranspiration (the
water flux from the land surface, either from evaporation or transpiration) strongly impacted
atmospheric motion, atmospheric temperatures, and precipitation. Sud et al. [1988] varied
the aerodynamic roughness of the land surface in a GCM to show that, while the magnitude of
turbulent heat fluxes from the land surface did not change much, wind speeds were sufficiently
modified so as to drive changes in moisture convergence and precipitation.
In the last several decades, land surface models have become quite complex, representing
various biogeophysical and biogeochemical processes of the land surface, such as the coupling
between the carbon and hydrological cycles through plant stomatal conductance [Lawrence
et al., 2018]. While this greatly improves the physical processes captured by modern land
surface models, this complexity comes at the expense of being unable to conduct idealized
land surface property experiments such as those above (Charney et al. [1975], Shukla and
Mintz [1982], Sud et al. [1988]), because many properties of the land surface are emergent
(such as albedo, which is calculated as a function of plant distributions, leaf areas, and
soil properties) and/or tightly coupled to other surface properties such that modifying one
necessarily changes one or more other properties (such as evaporative resistance, which, in
models with active carbon cycles, could also result in changes in leaf area).
Various studies have employed large-scale vegetation change to demonstrate how sufficiently large alterations of the land surface can result in drastic alterations to large-scale
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atmospheric circulation. Kleidon et al. [2000], for example, demonstrate the differing climates resulting from a ‘green planet’ and a ‘desert world’. In particular, they show that the
‘green planet’ simulation, which uses surface property values most beneficial to a biosphere’s
productivity, has more than three times the amount of evapotranspiration than the ‘desert
world’ simulation, which uses surface property values associated with deserts [Kleidon et al.,
2000]. The also show large changes in near-surface air temperatures (of up to 8K) and
precipitation over land.
Other studies have demonstrated that large changes in forest cover in the extra-tropics can
substantially alter the location of the intertropical convergence zone (ITCZ), by modifying
hemispheric energy gradients [Swann et al., 2010, Devaraju et al., 2015, Laguë and Swann,
2016].
Changes in vegetation modify not only the biogeophysics of the climate system, but also
the biogeochemical cycles. Bala et al. [2007] compare the biogeophysical and biogeochemical
impacts of large-scale afforestation at various latitudes, and find that afforestation in the
tropics has a net cooling effect on the global climate, while high-latitude afforestation would
result in net warming, because even though high latitude forests would act as a carbon
sink, their biogeophysical warming effect would exceed any cooling resulting from reduced
atmospheric CO2 .
Vegetation-atmosphere interactions have been shown to support bi-stable climate states,
such that the existence of one kind of vegetation (such as plants in the Sahara) can help
maintain a moist climate over that region, while replacing that vegetation with something
else (such as bare ground) can help support desert-like conditions in that region [Brovkin
et al., 1998].
Observational Studies
Observational studies investigating actual changes in land use have also identified coupling
between the land and the atmosphere, and relationships between land surface properties,
surface temperatures, and energy fluxes.
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Lee et al. [2011] explore the impact of deforestation using six pairs of eddy flux towers,
using a linearized surface energy budget approach to attribute observed temperature differences between neighboring forested and deforested sites to changes in roughness, Bowen
ratio, or radiative forcing. They find that radiative effects dominate the surface temperature
response at high latitudes, a mix of radiative and roughness effects dominate the surface
temperature response in temperate and semi-arid regions, while changes in the Bowen ratio
(and in some cases, changes in roughness) are the largest contributors to changes in surface
temperature at the tropical locations considered [Lee et al., 2011]. Devaraju et al. [2018]
employ a similar approach to attribute temperature changes to individual surface properties
in models from the Coupled Model Intercomparison Project, phase 5 (CMIP5, [Taylor et al.,
2012]).
The CAUSES project (Clouds Above the United States and Errors at the Surface) uses a
mixture of observations and hindcasts (models) for the summer of 2011 to attribute surface
temperature biases to processes such as cloud cover, radiation, and precipitation over the
central USA [Ma et al., 2018].
Coupling with clouds and precipitation
Interactions between moisture on the land surface and its interactions and feedbacks with
precipitation have long been argued to be complex and nonlinear, with moisture recycling
on the land surface impacting continental precipitation [Entekhabi et al., 1991, Brubaker
et al., 1991a,b]. The Global Land-Atmosphere Coupling Experiment (GLACE) used multiple
coupled land-atmosphere models to identify regions of ‘hot-spots’ of strong land-atmosphere
coupling, finding strong couplings related to temperature and soil moisture-precipitation
coupling in regions such as central North America [Koster et al., 2006, Guo et al., 2006].
While more recent studies have questioned the validity of the magnitude of the coupling
identified in the GRACE simulations [Qin et al., 2018], the notion of coupling between the
land surface and precipitation remains an area of active research.
More recent work using large eddy simulations has highlighted potential coupling mech-
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anisms between soil moisture and convective aggregation [Hohenegger and Stevens, 2018].
Feedbacks between changes in cloud cover and vegetation have also been considered. For
example, Sikma and Vilà-Guerau de Arellano [2019] use a coupled vegetation - cloud resolving model setup to show how cumulus clouds, which shade the land surface, induce a
land-atmosphere feedback that reduces convective rates, something not captured in coarseresolution climate models.
1.2

Science Aims

In this dissertation, I am guided by several over-arching questions:
1. Where is the atmosphere sensitive to changes in the land surface?
2. What is it about the land surface that the atmosphere cares about?
3. What is the role of atmospheric feedbacks & coupling on land surface climate?
4. How do different land surface properties impact large-scale atmospheric circulation?
5. Does the pattern and scale of changes to land surface properties (e.g. driven by vegetation change) alter how the atmosphere responds to the change in the land surface?
To answer these questions, I use global-scale Earth System Models, in particular, the
Community Earth System Model (CESM). To separate the individual effects of various land
surface properties, I developed a new, idealized land surface model, the Simple Land Interface
Model (SLIM), which I coupled to CESM.
1.3

Overview

Chapter 2 is a detailed description of the Simple Land Interface Model, which was developed
in order to address the issue of separating the individual effects of different land surface
properties associated with vegetation. Chapter 3 explores the sensitivity of the climate
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system to incremental idealized, global-scale changes in individual land surface properties,
with a particular focus on the surface energy budget. Chapter 4 considers the effects of
idealized land surface property changes on large-scale atmospheric circulation using both a
complex and an idealized Earth System Model. Chapter 5 focusses on the pattern of land
surface property change associated with historical vegetation change from 1850 to the present
day.
Chapters 2 and 3 were published in 2019 in the Journal of Climate [Laguë et al., 2019]:
Laguë, M. M., Bonan, G. B., & Swann, A. L. S. (2019). Separating the impact of
individual land surface properties on the terrestrial surface energy budget in both the coupled
and un-coupled land-atmosphere system. Journal of Climate. https://doi.org/10.1175/JCLID-18-0812.1.
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Chapter 2
SLIM: THE SIMPLE LAND INTERFACE MODEL
Abstract
This chapter provides a model description for the Simple Land Interface Model (SLIM).
SLIM is an idealized land surface model, developed to allow explicit control over individual
properties of the land surface, which can be run in an offline sense (i.e. forced with atmospheric data), or run as the land component of a coupled, interactive Earth system model.
In particular, the model setup described here couples SLIM into the Community Earth System Model framework. The equations governing the model physics are described, and the
behavior of SLIM in comparison to the Community Land Model in both offline and coupled
land-atmosphere simulations is explored.

2.1

Introduction

The Simple Land Interface Model (SLIM) is a simple land model written to couple with a
global Earth System Model (ESM). In particular, this model is currently written to couple to
the Community Earth System Model (CESM [Hurrell et al., 2013]) in place of the Community
Land Model (CLM [Lawrence et al., 2018]).
This simple model bears strong resemblance to some of the early global land surface
models, and draws heavily from the parameterizations set forth in models including the
land surface model of Manabe [1969]; the Biosphere Atmosphere Transfer Scheme (BATS)
[Dickinson et al., 1993]; the Land Surface Model version 1 (LSM 1.0) [Bonan, 1996]; and the
Land Dynamics Model (LaD) [Milly and Shmakin, 2002a], which was used as the LM2 land
surface model in the GFDL AM2LM2 model [Anderson et al., 2004].
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2.2

Motivation

Changes in vegetation have been shown to drive substantial atmospheric responses in many
modern ESMs [Gibbard et al., 2005, Bala et al., 2007, Davin et al., 2010, Chen et al.,
2012, Medvigy et al., 2013, Devaraju et al., 2015, Badger and Dirmeyer, 2015, Swann et al.,
2012, Laguë and Swann, 2016]. However, changing vegetation type in a modern land model
encompasses many simultaneous changes to multiple land surface properties, including albedo
(through changes in leaf albedo and leaf area), resistance to evaporation (through changes in
stomatal conductance and rooting depth), and aerodynamic roughness (through changes in
vegetation height). Several studies using early coupled global climate models demonstrated
the ability of changes in individual surface properties to influence global climate, including
albedo [Charney et al., 1975, Charney, 1975, Charney et al., 1977], roughness [Sud et al.,
1988], and land evaporation [Shukla and Mintz, 1982]. However, there has been limited work
exploring the individual impact of various land surface properties on climate using modern
earth system models [Davin et al., 2010]. In many modern land surface models, it can be
very difficult to modify only a single property of the land surface; thus, in order to better
understand where the atmosphere is most sensitive to a change in the land surface and what
physical surface properties most impact the atmosphere, a simpler land model than those
found in most Earth System Models is desirable.
State-of-the-art land surface models used in ESMs represent many biogeophysical and
biogeochemical properties of the land system. This can include plants that grow and die,
complex carbon and nitrogen cycles that interact with the rest of the climate system, representation of microbes and decay within the soil, sub-gridscale parametrization to represent
hydrologic flow down hill-slopes, and even competition amongst plant types. In these complex models, as in the real world, many of these processes are interdependent, with changes
in one process influencing the behavior of the rest of the land system. While this progress
towards fully process-based models is excellent for studying the complexities within the land
system, it can make it difficult to disentangle the underlying mechanisms that drive an
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observed response.
Within the coupled Earth system, the land responds to changes in the atmosphere;
changes in the land surface result in changes in fluxes of energy, water, carbon, and biogenic
aerosols, which can go on to impact the atmosphere and climate on local to global scales.
Here, we are motivated by understanding the biogeophysical effects of the land surface on
climate across scales. There are still many open questions about how a given change in the
land surface may impact climate. For example, both observational [Lee et al., 2011, Lejeune
et al., 2018] and modeling [Findell et al., 2007, Swann et al., 2012, Laguë and Swann, 2016]
studies have shown that changing vegetation type can lead to changes in climate. However,
it is not always obvious what particular change in the land surface was responsible for the
observed climate response. For instance, changing a forest to a grassland involves changing
many physical properties of the land surface simultaneously: the albedo, the aerodynamic
roughness, the rooting depth (and thus ability to access water). If the observed or modeled
climate response to that vegetation change was, for example, a change in surface temperature, or a change in local cloud cover, it is not clear if that change in temperature was
in response to the change in albedo, roughness, water flux, some combination of those, or
something else entirely.
This simple land model allows us to individually modify different surface properties within
a coupled climate model, to isolate their effect on climate. For example, albedo can be
modified while aerodynamic roughness and evaporative resistance are held constant. This
is difficult to impose in complex land models, because so many of these properties are (i)
emergent properties of the model (not something that can be directly prescribed in the model)
and (ii) interdependent upon other processes within the land model, such that modifying
one property may lead to unintended modifications in other processes on the land surface.
2.3

Model Description

The simple land model solves a linearized bulk surface energy budget coupled with soil
temperatures and bucket hydrology. Various physical properties determine how energy is
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partitioned within the surface energy budget (see table 2.1). Hydrology is represented with
a simple “bucket”, which has a prescribed water-holding capacity. Hydrology does not
interact directly with the soil layers, however, each soil layer has a fixed amount of ‘freezable
water’, which modulates soil temperature changes when the soil temperature is near freezing.
Additionally there is a simple snow model, which allows for land-albedo feedbacks during
winter months.

2.3.1

Land Surface Properties

The land model has several properties, which are defined by the user for each land point.
These variables are listed in table 2.1. The variables are provided to the model using a netcdf
file provided by the user, where each value is specified for every terrestrial gridpoint.
The surface albedo determines how much incoming shortwave radiation is reflected from
the land surface. The atmospheric model passes four different ‘streams’ of radiation to the
land model: both a direct and diffuse value for visible light (0.2-0.7 µm) and near-infrared
light (0.7 - 12.0 µm). Albedos for each of these radiative streams are prescribed both for bare
ground and snow-covered ground. The emissivity ε of the ground can be specified. Land
surface emissivities range from 0.9 to 1.0 [Bonan, 2002]; if unspecified, and for the purposes
of this study, it is assumed that ε = 1 over all land areas.
In order to calculate temperature profiles within the 10 soil layers, the soil thermal
conductivity κ and heat capacity cv must be specified. Over glaciated regions (specified using
a user-defined glacier mask), the thermal resistance and heat capacity of ice rather than soil
are used. The bucket model for hydrology requires a bucket capacity Wmax (the maximum
amount of water each gridcell can hold) and a surface “lid” resistance to evaporation rs . The
aerodynamic roughness is calculated from the vegetation height hc . A simple snow model is
included in SLIM; as snow accumulates on the land surface, it begins to mask the albedo of
the snow-free surface such that the surface albedo approaches that of snow.
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2.3.2

Atmospheric Fluxes

At each time step the land model is run, information is required about the state of the atmosphere. This information can come either from a data atmosphere model (e.g. reanalysis), or
from a coupled atmospheric model such as the Community Atmosphere Model [Neale et al.,
2012]. The variables required from the atmosphere by the land model are given in table 2.2.
2.3.3

Surface Energy Budget

This model solves a linearized surface energy budget (eq 2.1) to calculate fluxes of energy
and water to the atmosphere at each time step, and to calculate the surface temperature,
temperature profile of the soil column, snow depth, and available water in each gridcell.

SW ↓ + LW ↓ = SW ↑ + LW ↑ + LH + SH + G

(2.1)

From the atmosphere, the land model receives the amount of downwards solar radiation
SW ↓ for four radiation streams (visible direct, visible diffuse, near-infrared direct, and nearinfrared diffuse), the amount of downwards longwave radiation LW ↓ , and information about
the temperature, humidity, and wind speed of the bottom of the atmosphere. The land
model calculates the reflected shortwave radiation SW ↑ , the upwards longwave radiation
LW ↑ , the sensible heat flux SH, latent heat flux LH, and ground heat uptake G.
Equation 2.1 can be rewritten as
(1 − α)SW ↓ + εLW ↓ − LW ↑ = LH + SH + G
Rin = LW ↑ + LH + SH + G

(2.2)

Rnet = LH + SH + G
where α is the albedo of the surface. LW ↑ = εσTs4 is the longwave radiation emitted by the
surface, which is a function of surface temperature Ts and surface emissitivty ε. Rin is the
total absorbed radiative energy at the surface (SWabs + LWabs ). Rnet is the net radiative
energy coming into the surface, which must be balanced by the turbulent energy fluxes (latent
and sensible heat) and heat uptake by the land (soil or snow).
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Rin can be directly calculated from the surface properties and atmospheric fluxes; LW ↑ =
εσTs4 , LH, SH, and G must each be found by evaluating the land model at each time step.
In order to numerically calculate the balance of these fluxes at each time step, equation 2.2
is linearized around the change in surface temperature Ts .
That is, we calculate a ‘first guess’ at a flux (using the surface temperature from the
previous time step), as well as the derivative of that flux with respect to surface temperature.
We proceed to calculate a new surface temperature for the current time step, then update
the surface fluxes given the initial estimate and its derivative with respect to temperature.
This is equivalent to taking a first-order Taylor expansion of each surface flux (equation 2.4),
where some flux F at time i + 1 is approximated by its value at time i and its derivative with
respect to surface temperature Ts .

dF (Ts ) i+1
(Ts − Tsi ) + O(Ts2 )
dTs
dF (Ts ) i+1
F (Tsi+1 ) ≈ F (Tsi ) +
(Ts − Tsi )
dTs
F (Tsi+1 ) = F (Tsi ) +

(2.3)
(2.4)

We solve the surface energy budget by linearizing each term with a first-order Taylor
expansion with derivatives w.r.t. surface temperature. i.e. for some surface flux S, its value
at the i + 1 time step is its value at the ith time step plus its derivative w.r.t. temperature
times the change in surface temperature:

S i+1 = S i +

∂S
∆Ts .
∂Ts

(2.5)
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For our longwave radiation, sensible heat flux, latent heat flux, and soil heat flux, this gives:
LW

↑i+1

SH i+1
LH i+1
Gi+1

dLW ↑
∆Ts
= LW +
dTs
dSH
= SH i +
∆Ts
dTs
dLH
∆Ts
= LH i +
dTs
dG
= Gi +
∆Ts
dTs
↑i

i+1
= (1 − α)SW ↓i+1 − εLW ↓i+1
Rin

(2.6)
(2.7)
(2.8)
(2.9)
(2.10)
(2.11)

Thus, in order to calculate the surface fluxes for the i+1 time step, we must first calculate
the change in surface temperature ∆Ts , and the derivative of each flux with respect to
temperature.
2.3.4

Radiative Fluxes

The longwave radiation LW ↑ [W/m2 ] emitted from the surface, and its temperature derivative, are given by equations 2.12-2.13 as a function of the surface temperature at the preceding
timestep Tsi , where ε is the emissivity of the surface, and σ = 5.670373 × 10−8 W/m2 /K4 is
the Stefan-Boltzmann constant.
LW ↑ = εσ(Tsi )4

(2.12)

dLW ↑
= 4εσ(Tsi )3 .
dTs

(2.13)

The absorbed downwards longwave radiation is a direct function of the downwelling
longwave radiation LW ↓ and the surface emmisivity ε. The absorbed shortwave radiation is
a function of the downwelling shortwave radiation SW ↓ in each of the four radiation streams,
and the surface albedo for each corresponding radiative stream.
Bare-ground albedo is prescribed at each gridcell by the user. When a gridcell is free of
snow, the bare-ground albedos are used. When there is snow on the ground (S, [kg/m2 ]), a
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Figure 2.1: The albedo of a snow-covered gridcell as function of snow mass.

blend of the bare-ground and snow-covered albedos are used, following equation 2.14 (this
is the default implementation of snow-covered ground albedo in Milly and Shmakin [2002b],
Anderson et al. [2004]). A snow-masking factor Ms [kg] is used to define how steeply the
bare-ground albedo should approach the snow-covered ground albedo (figure 2.1). A typical
value of Ms used in SLIM is 50 kg/m2 , which corresponds to roughly 25cm of snow (assuming
a snow density of 200 kg/m3 , typical of settled snow [Paterson, 1994]),




αsoil,j



αj = (1 − S )αsoil,j +
S+Ms





αsnow,j

S=0
S
α
S+Ms snow,j

0 < S < Ms

(2.14)

S > Ms .

So, the total amount of incoming radiative energy from the atmosphere at each time step
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can be directly calculated as

i+1
Rin
=

X

(1 − αj )SWj↓i+1 + εLW ↓i+1

(2.15)

j

for the four shortwave radiative streams j.

2.3.5

Turbulent Heat Fluxes

The calculation of the turbulent heat fluxes (sensible and latent heat) relies on MoninObukhov theory [Monin and Obukhov, 1954]. Using the temperature, humidity, and wind
speed of the bottom of the atmosphere, along with the temperature and humidity at the
surface, the flux of heat and water can be calculated. These fluxes are influenced by the
roughness of the land surface. The vegetation height hc [m] provided by the surface property
netcdf file is used to calculate a displacement height d (equation 2.16), a roughness length
for momentum z0m (equation 2.17), and a roughness length for heat z0h (equation 2.18).

d = 0.7hc

(2.16)

z0m = 0.1hc

(2.17)

z0h = 0.1z0m

(2.18)

The above roughness lengths are used to calculate an Obukhov Length L, which in turn is
used with the atmospheric temperature, humidity, and wind speed at the lowest atmospheric
level to calculate an aerodynamic resistance for momentum ram , heat rah , and moisture raw
(in [s/m]). The Obukhov Length is calculated iteratively, with an initial estimate L0 used to
calculate the next estimate L1 . In order to calculate the Obukhov Length, two intermediate
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fuctions ψm (for momentum) and ψh (for heat) are required (equations 2.20-2.21).
y = (1 − 16x)0.25


2 log( 1+y ) + log( 1+y2 ) − 2 arctan(y) +
2
2
ψm (x) =

−5x


2 log( 1+y2 ) if x < 0
2
ψh (x) =

−5x
if x ≥ 0

(2.19)
π
2

if

x<0

if

x≥0

(2.20)

(2.21)

We use the reference level (typically 10m) atmospheric winds uref , temperature tref , and water vapour qref , the surface temperature ts and water vapour qs , as well as the dimensionless
von Kármán constant κ = 0.4. Surface winds are assumed to be zero.
uref κ

u∗ =

z −d
log( ref
)
z0 m

t∗ =
q∗ =

− ψm (

zref −d
)
L0

+ ψm ( zL0m
)
0

(tref − ts )κ
zref −d
)
L0

+ ψh ( zL0h0 )

(qref − qs )κ
zref −d
z −d
log( z0 h ) − ψh ( ref
)
L0
t∗v = t∗ + 0.61ts q ∗

+ ψh ( zL0h0 )

z −d
)
log( ref
z0 h

− ψh (

θv = θref (1 + 0.61qref )

(2.22)

(2.23)
(2.24)
(2.25)
(2.26)

Equations 2.22-2.26 are then used to make a new estimate of the Obukhov length,
L1 =

u∗ 2 θv
.
κgt∗v

(2.27)

Additionally, we limit the Obukhov Length to keep it within a range that gives reasonable
flux values, in the following manner; this capping is common in land models [Lawrence et al.,
2018, Anderson et al., 2004].
ζ0 =

ζ=

zref − d
L1



min(2, ζ0 )

if


max(−2, ζ0 ) if

(2.28)
ζ0 ≥ 0
ζ0 < 0

(2.29)
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L1 =

zref − d
ζ

(2.30)

The above equations are iterated over until the difference between L0 and L1 is small, up to
a maximum of 40 iterations per time step. If the above fails to converge in 40 iterations, the
value of L1 with the smallest difference from its corresponding L0 is used.
Using the final value of L1 , final values of u∗ and t∗ are obtained, which are used to
calculate the aerodynamic resistance of momentum ram and heat rah (in units of [s/m]). We
also calculate the aerodynamic resistance for moisture (raw ), by combining the evaporative
resistance for heat with the prescribed evaporative resistance rs that the user directly controls
(comparable to a bulk stomatal resistance for a canopy - this is how the user directly controls
how difficult it is to evaporate water out of the bucket). The aerodynamic resistances require
the use of several variables from the atmospheric reference height zref (such as wind speed
and air temperature):
uref
u∗ u∗
θref − Ts
=
u∗ T ∗

ram =

(2.31)

rah

(2.32)

raw = rs + rah .

(2.33)

The sensible heat flux SH [W/m2 ] is a function of the difference between the surface
i
, as well as the
temperature Tsi and the potential air temperature at the reference height θref

roughness length for heat:

i
SH = cp,air (Tsi − θref
)

ρair
ra,h

δSH
ρair
= cp,air
δTs
ra,h

(2.34)
(2.35)

(where cp,air is the heat capacity of air and ρair is the density of air).
The latent heat flux LH [W/m2 ] is a function of the difference between the surface
humidity and the humidity in the atmosphere. It is further impacted by the evaporative
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resistance rs , the aerodynamic resistance rah , and another term, β, which accounts for bucket
fullness (equation 2.36).


β = min


water
, 1.0
0.75 × Wmax

(2.36)

β is used to increase evaporative resistance under dry soil conditions. When the bucket is
more than 75% full (ie the soil is moist), β = 1 (no additional resistance). When the bucket
is less than 75% full, β decreases linearly from 1 to 0; the smaller the β term, the larger the
resistance to evaporation.
The effective resistance of the land is a combination of the prescribed “lid” resistance rs ,
the aerodynamic resistance due to the surface roughness rah (see equation 2.33), and the β
value associated with how dry the soil is.

i
LH = ρair λ(qsi − qref
)

β

(2.37)

ra,w

δLH
δqs β
= ρair λ
δTs
δTs ra,w

(2.38)

In equation 2.38, ρair is the density of air, λ is the latent heat of vaporization (or sublimation, if temperatures are below freezing), qs is the surface humidity, qref is the atmospheric
humidity at some reference height, and Ts is the surface temperature. qs , qref , and Ts are
taken from the preceding time step i. Note that if the latent heat flux term attempts to
evaporate (or sublimate) more water than is available in the combined water and snow buckets, the latent heat flux term is set to the total water plus snow available, and

δLH
δTs

= 0, and

the excess energy that would have been used by LH if more water were available is instead
partitioned to SH.
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2.3.6

Ground Heat Flux

The change in heat uptake by the soil

δG
δTs

requires solving the full temperature profile of the

soil column. It is calculated using the energy imbalance of the other surface fluxes:

dG
∂
=
Rin − (LW ↑ + LH + SH)
dTs
∂Ts
∂
∂
∂
LW ↑ −
LH −
SH,
=−
∂Ts
∂Ts
∂Ts

(2.39)

Heat transfer through the soil column is then calculated to get a new temperature for each
soil layer, and a new surface temperature (section 2.3.8). Once the change in soil temperature
at each soil layer (and specifically, the change in surface temperature Ts ) is found, the total
soil heat uptake G is given by
Gi+1 = Gi +

dG i+1
(T
− Tsi ),
dTs s

where Gi is the energy flux into the soil at the previous time step i,

(2.40)
dG
dTs

is the derivative of

the energy flux into the soil with respect to temperature Here, G includes both the energy
used to warm/cool the soil as well as any energy used to melt snow (G = Gsoil + Gsnow ).
2.3.7

Hydrology

Water enters the land system by falling from the atmosphere as snow or rain. Water can fill
up the bucket in each gridcell up to the bucket capacity Wmax ; if the amount of water in a
gridcell exceeds Wmax , the excess is moved into runoff. At present, the runoff is discarded;
if this model were run coupled to a dynamic ocean model, runoff water should be routed
through an appropriate river-runoff scheme and added to the ocean model. Water is removed
from the bucket either through runoff or evaporation (latent heat flux). A baseline value of
Wmax = 200kg/m2 is used, but can be modified spatially by the user. We use 200 kg/m2 as
it falls within the range of soil water capacities (assuming a 1m deep ‘bucket’) in the LM2
model, which range from 63 kg/m2 for coarse soil to 445 kg/m2 for peat.
Snow can also fall onto grid cells. There is no limit on the amount of snow that can
be held on a gridcell (note - this means snow accumulates indefinitely over the ice caps -
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a glacier calving scheme would need to be implemented to counteract this effect if it was
undesirable for some application). The heat flux into the land G can be used to melt snow;
melted snow flows into the water bucket.
The hydrology is a single layer ‘bucket’ with a prescribed capacity to hold water, and is
not dependent on any specific soil properties. If the user wants this capacity to vary with
geographically distinct soil types, they would need to feed the model a spatially varying map
of maximum water content.
Water enters the bucket via either rain (liquid precipitation) or snow melt. The bucket
has a prescribed capacity; by default, the bucket capacity is 200 kg/m2 (as in the LM2
code [Anderson et al., 2004]), but this can be modified to vary spatially by the user. Water
can leave the bucket through evaporation (latent heat flux) or runoff (if the bucket exceeds
capacity).
Snow accumulation is unlimited. Snow is added to the snow ‘bucket’ via snowfall (frozen
precipitation) from the atmosphere. Snow can leave the snow bucket via either sublimation
(directly to the atmosphere) or snow melt (to the water bucket on the land). Because
snow accumulation is not limited by any ‘capacity’, this has the consequence that over
glaciated regions, snow can accumulate indefinitely. Because the land/atmosphere/slabocean system does not conserve water, this is not a problem (the atmosphere doesn’t see
any physical height to the snow), but if a dynamic ocean were used, a calving-scheme would
need to be implemented to deposit ice into the ocean at high latitudes. This is similar to
the implementation of snow in LM2 [Anderson et al., 2004].

2.3.8

Soil Temperatures

In order to solve equation 2.2, we must find ∆Ts . That is, we must calculate the new surface
temperature. There are 10 soil layers in this model, with the midpoints of each soil layer
given by equation 2.41:
zi = −0.025 ∗ (exp(0.5 ∗ (i − 0.5)) − 1.0) i ∈ 1, 10.

(2.41)
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The maximum soil depth is roughly 3.5m.
Soil temperatures are calculated using a simple heat diffusion equation through the soil
layers, with a zero-flux bottom boundary condition (no energy can go in or out of the soil
column through the bottom) and an upper boundary condition given by the Gsoil term in the
surface energy budget equation. Since the water in the bucket hydrology model is effectively
isolated from the soil column, the amount of water in a given gridcell doesn’t influence
the soil thermal properties. Thus, in addition to the prescribed heat capacity and thermal
conductivity of the soil, there is a fixed density of freezable water in each soil layer, which
is not coupled to the amount of water actually present and available for evaporation in that
gridcell. The soil does have a fixed density of freezable water in each layer (set by default
to 300 kg/m3 ). That is, the thin layers near the surface have a small amount of water in
the soil layer that can be frozen/thawed using heat in that soil layer, while the deeper soil
layers have a larger total volume of water available to freeze/thaw. This water is always
present, and interacts with the soil only in a thermal manner. The water in the soil layers
does not interact with the hydrology portion of the model - that is, it is not moved up and
down between soil layers, and cannot be evaporated. The primary reason to include this
freezable water in each soil layer is to allow the model to have a more realistic timescale of
soil temperature change during spring and fall at high latitudes, where it takes time for the
ground to freeze and thaw. This is comparable to the representation of water and soil in the
LM2 model [Anderson et al., 2004].
We use the surface energy fluxes to update the soil temperature at each layer n = 1 : N
in the soil column, using the equation for heat diffusion:
cv,n

∂T
∂F
=−
,
∂t
∂z

(2.42)

which can be discretized and re-arranged as
∆T = −

∆t
(Fin − Fout ).
cv,n ∆zn

(2.43)

In eq 2.43, T is the temperature [K], ∆t is the time step [s], cv,n is the heat capacity of the
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nth layer [J/m3 /K], ∆zn is the thickness of soil layer n [m], and Fin and Fout are, respectively,
the fluxes of energy into the top of and out of the bottom of the nth soil layer [W/m2 ].
At each soil layer, the fluxes into and out of each soil layer are given by:




Rin − (LW ↑ + LH + SH)



Fn = −κx,n (Tn −Tn+1 )
(zn −zn+1 )





0

n = 0 (top)
n = 1 : (N − 1)

(2.44)

n = N (zero-flux bottom).

where LW ↑ , LH, and SH are the linearized surface fluxes.
Representing each soil layer with the fluxes of energy into and out of that soil layer
results in a tri-diagonal matrix, which we solve using the Thomas Algorithm. We start at
the bottom of the soil column and sweep up the matrix to solve for an initial estimate of
surface temperature Ts . If there is no snow on the ground, or if there is snow on the ground,
but Ts is below freezing, that Ts is used to complete the downwards sweep of the matrix
and calculate the remaining soil temperatures. If the estimated surface temperature is above
freezing and there is snow on the ground, the surface temperature is set to 0◦ C, and the
difference between the predicted surface temperature and 0◦ C is used to melt snow. If there
is still snow left after all the energy from the temperature difference is used, the surface
temperature is kept at 0◦ C, and the downwards sweep of the matrix is used to calculate
the temperature of the remaining soil layers. If there is enough energy associated with the
difference in the predicted surface temperature and 0◦ C, all the snow is melted and the
remaining energy is converted back to a temperature to calculate a modified Ts , which is
then used to solve for the remaining soil temperatures. This representation of snow melt
is comparable to that used in the LM2 model [Anderson et al., 2004]. The energy used to
melt snow is saved as Gsnow = snowmelt × hf us . A similar procedure is used to calculate the
temperature profile of glaciated gridcells, but using the thermal properties of ice rather than
soil.
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Numerical solution for soil temperatures

Solving equation 2.44 requires some algebraic leg-work, which is worked-through here. In
equation 2.44, κx,n is the conductivity of the soil at the interface between layers n and n + 1.
We solve for κx,n (the conductivity at the lower interface of layer n) by assuming that for
two neighbouring layers A = n and B = n + 1, the flux out of the bottom of layer A is equal
to the flux into the top of layer B, where the temperature at the interface between layers A
and B is Tx , with the depth at that layer zx , and thermal conductivity at the interface κx,n .
The properties (κ, T , depth z) of layer A are κn , Tn , and zn , and κn+1 , Tn+1 , and zn+1 for
layer B. First, we know the flux at the boundary should relate to the temperature of the two
layers, and the properties of the interface:

Fn = κx,n

Tn+1 − Tn
.
zn+1 − zn

(2.45)

We also know that, instead of calculating the flux between the midpoints of two adjacent
layers, we should be able to calculate the flux between the midpoint of a layer and its base,
and similarly the top of the next layer down and its midpoint. Moreover, those fluxes should
be the same (the flux leaving the upper box should equal the flux entering the lower box):

FA,bot = FB,top
−κn

Tn − Tx
Tx − Tn+1
= −κn+1
zn − zx
zx − zn+1

⇒ −κn (Tn − Tx )(zx − zn+1 ) = −κn+1 (Tx − Tn+1 )(zn − zx )
κn Tx (zx − zn+1 ) + κn+1 Tx (zn − zx ) = κn Tn (zx − zn+1 ) + Tn+1 (zn − zx )

Tx κn (zx − zn+1 ) + κn+1 (zn − zx ) = κn Tn (zx − zn+1 ) + Tn+1 (zn − zx )
⇒ Tx =

κn Tn (zx − zn+1 ) + Tn+1 (zn − zx )
.
κn (zx − zn+1 ) + κn+1 (zn − zx )

(2.46)

26

Now that we have isolated Tx , we can substitute it back in to the equation for FA,bot (or
FB,top ), assuming that FA,bot (and FB,top ) should be equal to the flux across the interface, Fn :
Fn = FA,bot
−κx,n

(2.47)

Tx − Tn
Tn − Tn+1
= −κn
zn − zn+1
zx − zn
κn κn+1 (zn+1 − zn )
⇒ κx,n =
κn (zn+1 − zx ) + κn+1 (zx − zn )
Tn+1 − Tn
⇒ Fn = −κx,n
zn+1 − zn

(2.48)
(2.49)
(2.50)

The flux of energy Fn is defined as the flux of energy out of the bottom of the nth soil
layer, into the (n + 1)th soil layer. This can be expressed in terms of the temperatures of the
nth and (n + 1)th soil layer:
∂F = −κx,n

(Tn − Tn+1 )
,
(zn − zn+1 )

(2.51)

where κn is the thermal conductivity [W/m/K] at the interface between layer n and n + 1,
given by eq 2.49.
Then, the energy balance of soil layer n is the energy in from layer n − 1, and the energy
out into layer n + 1. The trend in temperature of that layer is then given by
∆t
(Fin − Fout )
cv,n ∆zn
∆t
=−
(Fn−1 − Fn )
cv,n ∆zn

∂T = −

(2.52)

= −mn (Fn−1 − Fn ),
where mn =

∆t
.
cv,n ∆zn

Boundary Conditions
At the surface, Fin is given by the flux of heat into the soil at the i + 1 time step, Gi+1 :
Gi+1 = Gi +

dG i+1
(T
− T1i ),
dT 1

(2.53)
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where Gi is the energy flux into the soil at the previous time step i,

dG
dT

is the derivative of

the energy flux into the soil with respect to temperature

dG
∂
=
Rf − (LW + LH + SH)
dT
∂T
∂
∂
∂
LH −
SH,
= − LW −
∂T
∂T
∂T

(2.54)

and T1i+1 and T1i are the temperatures of the topmost soil layer at times i + 1 (being solved
for) and i (known), respectively.

At the lowest soil layer, we impose a zero-flux boundary condition (no heat leaves the
bottom of the soil column), such that
FN = 0.

2.3.9

(2.55)

Implicit Solution

We can now write an implicit equation for the temperature of each soil layer in terms of
its temperature at the previous time step, Tni , and its temperature at the current time step
Tni+1 .
cv,i

∂T
= (Ein − Eout )
∂t


Gi+1 − ∂F
∂z
=

− ∂F
∂z

(2.56)
n = 0 (top)
(2.57)
1 < n ≤ N (middle, bottom)

In the numerical representation of this, we get:

0

>
(
F
0 −F1 )
i+1


G − ∆z1



Tni+1 − Tni
= − (Fn−1 −Fn )
cv,i
∆zi

∆t


0

*

FN
)
− (FN −1 −
∆zN

n = 0 (top)
1 < n < N (middle)
n = N (bottom).

(2.58)
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Setting mi =

∆t
,
cv,i ∆zi

this gives:




mn Gi+1 − mn (0 − F1 )



i
i+1
Tn − Tn = −mn (Fn−1 − Fn )





−mn (FN −1 − FN )

Using the relationship Fni+1 = −κn

i+1
Tni+1 −Tn+1
,
zn −zn+1

n = 0 (top)
1 < n < N (middle)

(2.59)

n = N (bottom)

this works out to:

n=1:

Tni+1 − Tni = mn Gi+1 + mn Fn
= mn Gi +

i+1

(T i+1 − Tn+1
)
dG i+1
(Tn − Tni ) − mn κx,n n
dT
(zn − zn+1 )

set: ∆Tn = Tni+1 − Tni

⇒ ∆Tn = mn Gi + mn

dG
κx,n
κx,n
∆Tn − mn
Tni+1 + mn
T i+1
dT
(zn − zn+1 )
(zn − zn+1 ) n+1

(2.60)

(2.61)

(2.62)
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add zero:
κx,n
κx,n
dG
∆Tn − mn
Tni+1 + mn
T i+1
∆Tn = mn Gi + mn
dT
(zn − zn+1 )
(zn − zn+1 ) n+1


κx,n
κx,n
i
i
+ mn
T − mn
T
(zn − zn+1 ) n
(zn − zn+1 ) n


κx,n
κx,n
i
i
+ mn
− mn
T
T
(zn − zn+1 ) n+1
(zn − zn+1 ) n+1
dG
⇒ ∆Tn = mn Gi + mn
∆Tn
dT

κx,n
− mn
Tni+1 − Tni
(zn − zn+1 )

κx,n
i+1
i
+ mn
Tn+1
− Tn+1
(zn − zn+1 )

κx,n
i
− mn
Tni − Tn+1
(zn − zn+1 )
dG
κx,n
κx,n
⇒ ∆Tn = mn Gi + mn
∆Tn − mn
∆Tn + mn
∆Tn+1
dT
(zn − zn+1 )
(zn − zn+1 )

κx,n
i
− mn
Tni − Tn+1
.
(zn − zn+1 )

(2.63)

(2.64)

(2.65)

Gathering all the ∆Tn to the left, and all the explicitly calculable (dependent on t = i only)
terms to the right, we get:





κx,n
dG
κx,n
+ mn
∆Tn + − mn
∆Tn+1
0 ∆Tn−1 + 1 − mn
dT
(zn − zn+1 )
(zn − zn+1 )
|{z}
|
{z
}
|
{z
}
an
cn

bn

κx,n
i
T i − Tn+1
= mn G − mn
(zn − zn+1 ) n
|
{z
}
i

(2.66)



dn

where
an = 0
κx,n
(zn − zn+1 )
dG
bn = 1 − mn
− cn
dT

κx,n
i
dn = mn Gi − mn
Tni − Tn+1
(zn − zn+1 )
cn = −mn

(2.67)
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Equation 2.67 gives us the coefficients of the first row of a tridiagonal matrix, which can be
solved to calculate the temperature difference ∆Tn of each soil layer at time i + 1. Using a
similar procedure, we can calculate the equation for the remaining soil layers, to complete
the tridiagonal matrix.
1<n<N:

Tni+1 − Tni = −mn Fn−1 + mn Fn
i+1
i+1
(Tn−1
(T i+1 − Tn+1
)
− Tni+1 )
− mn κx,n n
(zn−1 − zn )
(zn − zn+1 )
κx,n−1
κx,n
κx,n
κx,n−1
i+1
i+1
Tn−1
− mn
Tni+1 − mn
Tni+1 + mn
Tn+1
= mn
(zn−1 − zn )
(zn−1 − zn )
(zn − zn+1 )
(zn − zn+1 )

= mn κx,n−1

(2.68)

Again, add a fancy form of zero (in order to arrange terms as ∆Tn on the left an known
values from t = i on the right):

κx,n−1
κx,n−1
κx,n
κx,n
i+1
− mn
Tn−1
Tni+1 − mn
Tni+1 + mn
T i+1
(zn−1 − zn )
(zn−1 − zn )
(zn − zn+1 )
(zn − zn+1 ) n+1
κx,n−1
κx,n−1
i
Tn−1
− mn
Ti
+ mn
(zn−1 − zn )
(zn−1 − zn ) n−1
κx,n−1
κx,n−1
+ mn
Tni − mn
Ti
(zn−1 − zn )
(zn−1 − zn ) n
κx,n
κx,n
+ mn
Tni − mn
Ti
(zn − zn+1 )
(zn − zn+1 ) n
κx,n
κx,n
i
i
− mn
+ mn
Tn+1
Tn+1
(zn − zn+1 )
(zn − zn+1 )

Tni+1 − Tni = mn

(2.69)
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κx,n−1
κx,n−1
i+1
i
Tn−1
− Tn−1
− mn
Tni+1 − Tni
(zn−1 − zn )
(zn−1 − zn )


κx,n
κx,n
i
i+1
− Tn+1
Tni+1 − Tni + mn
Tn+1
− mn
(zn − zn+1 )
(zn − zn+1 )
κx,n−1
+ mn
Ti
(zn−1 − zn ) n−1
κx,n−1
Ti
− mn
(zn−1 − zn ) n
κx,n
Ti
− mn
(zn − zn+1 ) n
κx,n
i
+ mn
Tn+1
(zn − zn+1 )

(2.70)

κx,n−1
(zn−1 − zn )
κx,n
− mn
(zn − zn+1 )
κx,n−1
+ mn
(zn−1 − zn )
κx,n
− mn
(zn − zn+1 )

(2.71)

Tni+1 − Tni = mn

Tni+1 − Tni = mn


κx,n−1
Tni+1 − Tni
(zn−1 − zn )


κx,n
i+1
i
Tni+1 − Tni + mn
Tn+1
− Tn+1
(zn − zn+1 )

i
Tn−1
− Tni

i+1
i
Tn−1
− Tn−1
− mn


i
Tni − Tn+1
.

Writing in terms of ∆Tn = Tni+1 − Tni :
κx,n−1
κx,n−1
κx,n
κx,n
∆Tn−1 − mn
∆Tn − mn
∆Tn + mn
∆Tn+1
(zn−1 − zn )
(zn−1 − zn )
(zn − zn+1 )
(zn − zn+1 )


κx,n−1
κx,n
i
i
+ mn
Tn−1
− Tni − mn
Tni − Tn+1
(zn−1 − zn )
(zn − zn+1 )

∆Tn = mn

(2.72)





κx,n−1
κx,n−1
κx,n
⇒ − mn
∆Tn−1 + 1 + mn
+ mn
∆Tn
(zn−1 − zn )
(zn−1 − zn )
(zn − zn+1 )
|
|
{z
}
{z
}
an
bn






κx,n
κx,n
κx,n−1
i
i
i
i
T
− Tn − mn
T − Tn+1
+ − mn
∆Tn+1 = mn
(zn − zn+1 )
(zn−1 − zn ) n−1
(zn − zn+1 ) n
|
{z
}
|
{z
}
cn

dn

(2.73)
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where
κx,n−1
(zn−1 − zn )
κx,n
cn = −mn
zn − zn+1

b n = 1 − an − c n


κx,n
κx,n−1
i
i
− Tni − mn
dn = mn
Tn−1
Tni − Tn+1
(zn−1 − zn )
(zn − zn+1 )

an = −mn

(2.74)

= −dF = −(Fin − Fout )i+1
n=N:
>
Tni+1 − Tni = −mn Fn−1 + mn
F
n

0

i+1
(Tn−1
− Tni+1 )
= mn κx,n−1
(zn−1 − zn )
κx,n−1
κx,n−1
i+1
Tn−1
− mn
T i+1
= mn
(zn−1 − zn )
(zn−1 − zn ) n

(2.75)

Again, add a fancy form of zero (in order to arrange terms as ∆Tn on the left an known
values from t = i on the right):
κx,n−1
κx,n−1
i+1
Tn−1
− mn
Tni+1
(zn−1 − zn )
(zn−1 − zn )
κx,n−1
κx,n−1
i
+ mn
Tn−1
− mn
Ti
(zn−1 − zn )
(zn−1 − zn ) n−1
κx,n−1
κx,n−1
+ mn
Tni − mn
Ti
(zn−1 − zn )
(zn−1 − zn ) n


κx,n−1
κx,n−1
i+1
i
− mn
Tni+1 − Tni = mn
Tn−1
− Tn−1
Tni+1 − Tni
(zn−1 − zn )
(zn−1 − zn )
κx,n−1
+ mn
Ti
(zn−1 − zn ) n−1
κx,n−1
− mn
Tni
(zn−1 − zn )


κx,n−1
κx,n−1
i+1
i
Tni+1 − Tni = mn
Tn−1
− Tn−1
− mn
Tni+1 − Tni
(zn−1 − zn )
(zn−1 − zn )

κx,n−1
+ mn
T i − Tni .
(zn−1 − zn ) n−1
Tni+1 − Tni = mn

(2.76)

(2.77)

(2.78)
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Writing in terms of ∆Tn = Tni+1 − Tni :

κx,n−1
κx,n−1
κx,n−1
i
∆Tn = mn
∆Tn−1 − mn
∆Tn + mn
Tn−1
− Tni
(zn−1 − zn )
(zn−1 − zn )
(z
− zn )



 n−1

κx,n−1
κx,n−1
⇒ − mn
∆Tn−1 + 1 + mn
∆Tn + 0 ∆Tn+1
(zn−1 − zn )
(zn−1 − zn )
|{z}
{z
}
{z
}
|
|
cn
an
bn



κx,n−1
i
= mn
Tn−1
− Tni
(zn−1 − zn )
|
{z
}

(2.79)

(2.80)

dn

where
an = −mn

κx,n−1
(zn−1 − zn )

cn = 0

b n = 1 − an

κx,n−1
i
Tn−1
− Tni
dn = mn
(zn−1 − zn )

(2.81)

= −dF = −(Fin )i+1
Now we can write a matrix form of the above equations in terms of an , bn , cn , and dn ,
which is solvable for the values ∆Tn (how much the temperature of the nth layer changes
from time step i to i + 1.

b c1 0
0
 1

a2 b2 c2
0


 0 a3 b 3
c3

 ..
.


0 ...
aN −1

0 ...
0

0...

0



∆T1





d1




 


 

0...
0   ∆T2   d2 

 


 

0...
0   ∆T3   d3 

 

..   ..  =  .. 
.  .   . 

 


 

bN −1 cN −1  ∆TN −1  dN −1 

 

aN
bN
∆TN
dN

(2.82)

Equation 2.82 is a tridiagonal matrix, which we can solve using the Thomas algorithm.
However, while matrices such as eq. 2.82 are typically solved by substituting one equation
into the next to get an explicit solution to the last equation (the ‘forward sweep’), which
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is then back-substituted in to the n − 1th equation to solve the remainder of the system
(the ‘backward sweep’). In our case, we may wish to modify the surface temperature before
completing the backward sweep, to account for energy that is used for snow melt at the
surface.
First, for the bottom soil layer, set

n=N:

an
bn
dn
fn =
bn
en =

(2.83)
(2.84)

For the middle soil layers, solve from layer n − 1 to layer 2 (in that order):

N-1<n<2:

an
bn − cn en+1
dn − cn fn+1
fn =
bn − cn en+1
en =

(2.85)
(2.86)

Then solve for the top soil layer’s ∆T :

n=1:

dn − cn fn+1
bn − cn en+1
dn − cn fn+1
= Tni +
bn − cn en+1

∆Tn = Tni+1 − Tni =

(2.87)

⇒ Tsi+1 = Tni+1

(2.88)

After the soil temperatures have been calculated, we set the temperature of the top soil
layer to be the surface temperature Ts (the topmost soil layer is very thin).
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Over glaciated gridcells, the thermal conductance and heat capacity of ice are used, rather
than those of soil.
2.4

Model behavior comparison with CLM

To demonstrate the general behavior of SLIM, we present a comparison of SLIM with CLM5
[Lawrence et al., 2018], forced with GSWP3 reanalysis data, repeating the data from year
2001-2010 for 50 years. Results shown are the average of the last 30 years of the simulations
(allowing 20 years of model spin-up). We also compare the last 30 years of coupled simulations with SLIM and CLM5 coupled to the Community Atmosphere Model v5 (CAM5)
[Neale et al., 2012], a slab ocean model (SOM) [Neale et al., 2012], and the Los Alamos Sea
Ice Model for interactive sea ice (CICE5) [Hunke et al., 2013, LANS, 2017]. CLM is run
in bgc mode (interactive biogeochemistry) with an 1850 map of vegetation. The pattern of
vegetation height for SLIM is derived from the last 30 years of the CLM5 simulation. The
pattern of evaporative resistance is derived from the stomatal conductance, saved from the
CLM5 simulation. The stomatal conductance in CLM5 is calculated separately for sunlit
and shaded leaves; we weight the conductance by the leaf area of sunlit and shaded leaves
then convert to units of resistance. The four streams of radiation impacted by surface albedo
(visible/near-infrared direct/diffuse) are calculated from the summertime surface albedo of
CLM5 (to avoid imposing any pattern of seasonal snow cover). Gridcells that have over 50%
glacier cover in CLM5 are defined as glaciers in SLIM, and thus use the thermal properties
of ice and albedo of snow. Unless explicitly stated, we compare the results of the offline
simulations rather than the coupled land-atmosphere simulations.
Only summertime conductance and albedo values are used for each hemisphere (June,
July, August in the Northern Hemisphere, and December, January, February in the Southern
Hemisphere), but the resulting maps of surface conductance and albedo are fixed throughout
the year in the SLIM simulations, while the CLM albedo can vary as leaf area and soil
moisture change. Snow cover can modify this base-line albedo throughout the year in both
SLIM and CLM5, but the snow-free albedo in the SLIM simulations has no seasonal cycle, nor
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does the evaporative resistance. The snow-masking depth is fixed to 50 kg/m2 everywhere
in this SLIM simulation (and is not a function of vegetation height, as it is in CLM).
As such, we do not expect SLIM to produce a surface climate identical to that of CLM;
rather, we demonstrate that even with this fairly crude approximation of the vegetation
patterns of CLM, SLIM can still produce surface temperatures and fluxes comparable to
those from the much more complex CLM.
The annual mean temperature of SLIM is comparable to that of CLM in most regions
(figure 2.2). Portions of the northern high latitudes are over 1K cooler in SLIM than CLM,
largely due to SLIM having a much brighter snow albedo over non-glaciated regions. Over
the interior of Antarctica, sensible heat fluxes are slightly (10 W/m2 ) too high and longwave
fluxes are too low (figure 2.3). Albedo differences along the Antarctic coast (non-glaciated
regions, where albedo is calculated as a combination of ground albedo and snow) additionally
contribute to differences in surface temperature and surface energy fluxes.
Parts of the tropics and mid-latitudes are too hot (notably the Saraha/Sahel region of
Africa, and the Tibetan plateau; figure 2.2). Over the Tibetan plateau, SLIM has a lower
albedo (is darker), contributing to the warmer surface temperatures (figure 2.4). Over the
Sahara, sensible heat fluxes are too low (perhaps because of surface roughness differences)
resulting in warmer surface temperatures. In sub-saharan Africa, indeed in most of the
tropics, latent heat fluxes are much lower than in CLM, which are roughly compensated for
by sensible heat fluxes, which are higher than in CLM (figure 2.3). That is, with the maps
of surface properties used in this simulation of SLIM, the evaporative fraction is much lower
than that of CLM.
In the coupled land-atmosphere simulations, the temperature anomalies between SLIM
and CLIM increase substantially. In particular, parts of the tropics and mid-latitudes in
the SLIM-CAM5 simulations are up to 3K warmer than the CLM5-CAM5 simulations,
while parts of the Arctic are 1-3K cooler in SLIM-CAM5 than CLM5-CAM5. However,
the temperature difference over other areas, specifically Antarctica, improve in the coupled
simulations.
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Seasonal cycles are shown for four locations with very different climates: the Sahara, the
Amazon, Siberia, and the Great Plains (figure 2.5). The seasonal cycle of temperature is very
similar between SLIM and CLM (figure 2.6), as the seasonal temperature differences driven
by the atmospheric forcing data are much larger than the difference in temperature produced
by the land models themselves. The differences between SLIM and CLM in individual terms
of the surface energy budget are much larger than the differences in temperature, mostly
coming from a difference in evaporative fraction: when latent heat flux in SLIM is lower
than in CLM, sensible heat flux tends to be higher (figure 2.7).
The seasonal cycle of soil temperatures is physically consistent with our intuition (figure
2.8). In all areas, the peak in surface soil temperatures occurs in summer, with the peak
in deep soil temperatures lagging. Deep soils are cooler than surface soils in summer, and
warmer than surface soils in winter, as we would expect, with the ground taking up heat
during warm summer months and releasing heat during cold winter months. The soil properties of all non-glaciated land areas in SLIM are identical in this simulation. The diurnal
temperature profile of soil temperatures is also consistent with our physical expectation, with
surface soil temperatures having a large diurnal temperature cycle and deep soils having no
diurnal temperature cycle, and surface soil temperatures peak a few hours after local noon
(figure 2.9).
SLIM executes over 98% faster than CLM.
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Prescribed Land Properties
Variable

Typical

Units

Description

Value
αgvd

0.2

[unitless]

Visible direct albedo for bare ground.

αsvd

0.8

[unitless]

Visible direct albedo for deep snow.

αgnd

0.3

[unitless]

Near-infrared direct albedo for bare ground.

αsnd

0.6

[unitless]

Near-infrared direct albedo for deep snow.

αgvf

0.2

[unitless]

Visible diffuse albedo for bare ground.

αsvf

0.8

[unitless]

Visible diffuse albedo for deep snow.

αgnf

0.3

[unitless]

Near-infrared diffuse albedo for bare ground.

αsnf

0.6

[unitless]

Near-infrared diffuse albedo for deep snow.

Ms

50

[kg/m2 ]

Snow-masking depth: mass of water required
in snow bucket to fully mask the bare ground
albedo.

rs

100

[s/m]

“Lid” resistance to evaporation

Wmax

200

[kg/m2 ] = [mm]

Bucket capacity: maximum amount of water
the soil can hold

hc

0.1-20.0

[m]

Vegetation height; used to calculate roughness lengths for momentum and heat.

emissivity

0.9-1.0

[unitless]

Surface emissivity for longwave radiation

glcmask

logical

[unitless]

Mask marking gridcells that should be
treated as glaciers/ice sheets.

soiltk,1d

1.5

[W/m/K]

Thermal conductivity of soil (used for whole
column).

soilcv,1d

2.0e6

[J/m3/K]

Heat capacity of soil (used for whole column).

glctk,1d

2.4

[W/m/K]

Thermal conductivity of ice (used for whole
column where glaciated).

glccv,1d

1.9e6

[J/m3/K]

Heat capacity of ice (used for whole column
where glaciated).

Table 2.1: Typical values for each of the model parameters in SLIM.
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Information required from atmosphere
Variable

Units

Description

↓
SWnd

[W/m2 ]

Direct, near-infrared incident solar radiation

↓
SWvd

[W/m2 ]

Direct, visible incident solar radiation

↓
SWni

[W/m2 ]

Diffuse, near-infrared incident solar radiation

SWvi↓

[W/m2 ]

Diffuse, visible incident solar radiation

LW ↓

[W/m2 ]

Downwelling longwave radiation

zref

[m]

height of reference level for atmospheric variables given at reference height

Tbot

[K]

Temperature at lowest level of atmosphere

θref

[K]

Potential temperature at reference height

qbot

[kg/kg]

Specific humidity at lowest level of atmosphere

uref

[m/s]

Wind speed at reference height

eref

[Pa]

Vapor pressure at reference height

pbot

[Pa]

Atmospheric pressure at lowest level of atmosphere

psrf

[Pa]

Surface pressure

ρair

[kg/m3 ]

Density of air at reference height

cp

[J/kg/K]

Specific heat of air at constant pressure at
reference height

rain

[m/s]

liquid precipitation

snow

[m/s]

frozen precipitation

Table 2.2: Table of values from the atmospheric model (or data atmosphere) required by the
land model.
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Annual Mean 2m Air Temperature

SLIM – CLM5
(coupled to CAM5)

SLIM – CLM5
(offline)

SLIM (offline)

Annual Mean Surface Temperature

Figure 2.2: Annual mean surface radiative skin temperature (left) and 2m air temperature
(right) in the SLIM model run offline (top row), the difference between offline SLIM and
CLM5 (middle row), and the difference between SLIM and CLM5 when coupled to CAM5.
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Annual mean surface energy fluxes
SLIM – CLM5

Net Latent Heat Flux

Net Sensible Heat Flux

Net Longwave Flux

Net Shortwave Flux

SLIM

Figure 2.3: Annual mean surface energy budget: net flux of shortwave raidation (row 1), net
flux of longwave radiation (row 2), sensible heat flux (row 3), and latent heat flux (row 4)
for the offline SLIM model (left column), and the difference between offline SLIM and CLM5
(right column).
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Annual mean land albedo
SLIM – CLM5

Near-IR diffuse
albedo

Near-IR direct
albedo

Visible diffuse
albedo

Visible direct
albedo

SLIM

Figure 2.4: Annual mean land albedo for visible direct radiation (row 1), visible diffuse
radiation (row 2), near-infrared direct radiation (row 3), and near-infrared diffuse radiation
(row 4) for the offline SLIM model (left column), and the difference between offline SLIM
and CLM5 (right column).
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Figure 2.5: Locations used for seasonal cycle plots: Sahara: 23.7◦ N, 12.5◦ E (orange); Siberia:
65.4◦ N, 150◦ E (blue); Great Plains: 42.6◦ N, 92.5◦ W (pink); Amazon: 4.7◦ S, 65◦ W (green).

44

Climatological 2m Air Temperature in SLIM and CLM5
Sahara

Great Plains

Siberia

Amazon

Figure 2.6: Seasonal cycle of 2m air temperature [K] over 4 locations in SLIM (solid lines)
and CLM5 (dash-dot lines). The climatological cycle is shown in black lines, while individual
years are show in gray.
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Climatological surface energy fluxes in SLIM and CLIM5
Sahara

Siberia

SLIM
CLM5

Great Plains

Amazon

Figure 2.7: Seasonal cycle of the individual terms of the surface energy budget [W/m2 ]
over 4 locations in SLIM (solid lines) and CLM5 (dash-dot lines). The net flux of shortwave
radiation (absorbed shortwave) is shown in yellow; net longwave radiation (positive upwards)
is shown in purple; sensible heat (positive upwards) is shown in red; latent heat (positive
upwards) is shown in blue; ground heat flux (heat uptake by soil or snow) is shown in brown.
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Seasonal cycle of soil temperature in the SLIM model by depth
Sahara

Sibera

Great Plains

Amazon

Figure 2.8: Seasonal cycle of soil temperature over 4 locations in SLIM, as a function of soil
depth (darker lines are closer to the surface, lighter lines are deeper in the soil).
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Average July diurnal soil temperature cycle
Sahara

Great Plains

Siberia

Amazon

Figure 2.9: Diurnal cycle of soil temperature (averaged over all July days in a single year)
over 4 locations in SLIM, as a function of soil depth (darker lines are closer to the surface,
lighter lines are deeper in the soil). Local noon is indicated by the vertical dashed gray line.
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Chapter 3
QUANTIFYING THE IMPACTS OF GLOBAL LAND
SURFACE PROPERTY CHANGES ON SURFACE ENERGY
FLUXES IN BOTH THE OFFLINE AND COUPLED
LAND-ATMOSPHERE SYSTEM
Abstract

Changes in the land surface can drive large responses in the atmosphere on local, regional, and
global scales. Surface properties control the partitioning of energy within the surface energy
budget to fluxes of shortwave and longwave radiation, sensible and latent heat, and heat
storage in the ground. Changes in surface energy fluxes can impact the atmosphere on local
to global scales through changes in temperature, cloud cover, and large-scale atmospheric
circulation. We test the sensitivity of the atmosphere to global changes in three land surface
properties: albedo, evaporative resistance, and surface roughness. We show the impact of
changing these surface properties differs drastically between simulations run with an offline
land model, compared to coupled land-atmosphere simulations, which allow for atmospheric
feedbacks. Atmospheric feedbacks play a critical role in defining the temperature response
to changes in albedo and evaporative resistance, particularly in the extra-tropics. More
than 50% of the surface temperature response to changing albedo comes from atmospheric
feedbacks in over 80% of land areas. In some regions, cloud feedbacks in response to increased
evaporative resistance result in nearly 1K of additional surface warming. In contrast, the
magnitude of surface temperature responses to changes in vegetation height are comparable
between offline and coupled simulations. We improve our fundamental understanding of
how and why changes in vegetation cover drive responses in the atmosphere, and develop
understanding of the role of individual land surface properties in controlling climate across
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spatial scales – critical to understanding the effects of land-use change on Earth’s climate.
3.1

Introduction

While it is intuitive to think about how climate impacts the land surface, here we focus
on how changes in the land surface influence the climate system. The effects on climate of
changing vegetation vary depending on the location of the vegetation change.
For example, tropical forests have high rates of transpiration, and thus high rates of
evaporative cooling; tropical deforestation reduces this evaporative cooling effect, leading to
warming at the surface [Bonan, 2008b]. Increasing tree cover in the mid-latitudes has been
shown to alter both local and global climate, by locaally warming and reducing and cloud
cover, and by driving shifts in large-scale atmospheric circulation by modifying global energy gradients [Swann et al., 2012, Laguë and Swann, 2016]. Changes in vegetation at high
latitudes can modify surface temperatures through both surface albedo and atmospheric
water vapor changes [Bonan, 2008b, Swann et al., 2010]. The effects of historical land-use
and land cover change have been shown to impact near-surface air temperatures and energy
fluxes [Pitman et al., 2009, De Noblet-Ducoudré et al., 2012], while future land use has been
proposed as a potential method of mitigating anthropogenic climate change [Canadell and
Raupach, 2008]. In addition to directly influencing surface fluxes and temperature, interactions between vegetation change and the atmosphere can drive atmospheric feedbacks and
teleconnections, which further influence surface climate both locally and remotely [Bonan,
2008b, Swann et al., 2012, Laguë and Swann, 2016, Kooperman et al., 2018].
Vegetation change has been observed to drive changes in surface energy fluxes across a
range of biomes [Lee et al., 2011]. In addition to observational studies, much of our understanding of vegetation-climate feedbacks comes from models of Earth’s land-atmosphereocean-sea ice system. Land surface models represent the biogeophysical coupling between
the land and atmosphere through fluxes of momentum, energy, and water, which are in turn
modulated by the land surface albedo, rates of evapotranspiration, and aerodynamic surface
roughness. The climate at the land surface is determined both by the background regional
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climate as well as the characteristics of the local land surface; changes in individual land
surface properties each have a different impact on surface temperature and energy fluxes.
Albedo directly controls the amount of solar energy absorbed by the surface; aerodynamic
roughness controls the efficiency of turbulent energy exchange with the atmosphere; and the
resistance to evaporation controls how much water can move from the land surface to the
atmosphere. Changes in vegetation modify each of these surface properties in different ways,
and changes in different properties of the land surface drive changes in the surface energy
budget and surface temperatures. Through these changes in energy fluxes, the land can drive
changes in the atmosphere, ranging from small local changes in air temperatures or cloud
cover to large, global-scale changes in circulation [Devaraju et al., 2018].
Surface energy fluxes are the complex outcome of biogeophysical processes at the land
surface, with changes in any individual surface property having a different effect on climate.
In modern Earth System Models, it is often difficult to individually perturb a single land
surface property. In a model such as the Community Land Model (CLM, [Lawrence et al.,
2018]), surface albedo is the complex result of leaf and stem reflectance and transmittance,
the orientation of leaves, the amount of leaf and stem material, interception of snow in
the canopy, soil color, soil moisture, and snow cover. Evaporation is calculated from stomatal conductance for transpiration, a conductance for soil evaporation, and evaporation of
intercepted water held externally on foliage. Stomatal conductance itself depends on photosynthetic rates as determined by the photosynthetic capacity of the canopy as modified by
light absorption, temperature, vapor pressure deficit, soil moisture availability, and atmospheric CO2 concentration. Because of these complex relationships, many seemingly simple
properties of a land surface model, such as albedo, are actual emergent properties of the
model. As such, it is difficult to directly prescribe a change in a specific surface property
such as albedo or evaporative resistance, or anticipate how a change in vegetation type may
actually influence these surface properties. Davin et al. [2010] isolated the individual effects
of albedo, evaporative resistance, and surface roughness when comparing the climate effects
of forests versus grasslands using the ORCHIDEE land model, but such a modeling protocol
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is uncommon. Alternatively, using climate models with imposed vegetation change, or a
mix of linearized surface energy budget equations and flux tower observations, the relative
contribution of different surface fluxes to changes in surface temperatures can be estimated
[Lee et al., 2011, Boisier et al., 2012].
The effects of human-induced land use and land cover change can vary largely between
different land-atmosphere models, as shown by the LUCID experiments [Pitman et al., 2009,
De Noblet-Ducoudré et al., 2012]. These differences come in large part from the different
ways various models represent complex land surface properties. Here, we focus explicitly
on testing the sensitivity of the climate system three land surface properties in a single
land-atmosphere model.
Modifying surface energy fluxes through vegetation change has a direct impact on surface
climate. However, the changes in the atmosphere in response to these initial surface flux
changes can feed back on surface climate, both locally and remotely. For example, modifying
forest cover in the mid-latitudes can alter mid-latitude cloud cover, which in turn modifies
the amount of sunlight reaching the land surface [Laguë and Swann, 2016]. Vegetation
can also modify local precipitation [Kooperman et al., 2018], or remote precipitation by
driving changes in large-scale circulation [Swann et al., 2012]. These large-scale atmospheric
feedbacks to vegetation change can result in remote climate and vegetation responses in
regions far removed from the initial vegetation change [Swann et al., 2012, Garcia et al.,
2016, Swann et al., 2018]. Analysis of the climate impact of changes in vegetation that does
not allow for atmospheric feedbacks, such as simulations of changes in vegetation forced with
non-interactive data atmospheres (e.g. land models forced with reanalysis) capture the direct
surface climate response, but are unable to capture any of the climate response to vegetation
change resulting from atmospheric feedbacks.
Changes in vegetation have been shown to drive substantial atmospheric responses in
many modern ESMs [Gibbard et al., 2005, Bala et al., 2007, Davin et al., 2010, Chen et al.,
2012, Medvigy et al., 2013, Devaraju et al., 2015, Badger and Dirmeyer, 2015, Swann et al.,
2012, Laguë and Swann, 2016]. However, changing vegetation type in a modern land model
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encompasses many simultaneous changes to multiple land surface properties, including albedo
(through changes in leaf albedo and leaf area), resistance to evaporation (through changes in
stomatal conductance and rooting depth), and aerodynamic roughness (through changes in
vegetation height). Several studies using early coupled global climate models demonstrated
the ability of changes in individual surface properties to influence global climate, including
albedo [Charney et al., 1975, Charney, 1975, Charney et al., 1977], roughness [Sud et al.,
1988], and land evaporation [Shukla and Mintz, 1982].
In this study, we introduce an idealized land model, the Simple Land Interface Model
(SLIM), which we couple to a modern Earth System Model. We use this idealized land model
to examine the effects of specified changes in vegetation albedo, evaporative resistance, and
surface roughness in uncoupled land-only and in coupled land-atmosphere simulations. These
simulations examine climate sensitivities to specific land surface processes, identify different
regional climate responses, quantify the impact of atmospheric feedbacks from land surface
changes, and provide a quantitative evaluation of how large a surface perturbation is required
to achieve a desired change in surface temperature.

3.2
3.2.1

Methods
Experimental Design

In order to modify a single land surface property, while holding all other properties fixed, we
wrote a very simple land surface model (see section 3.2.2), which can be coupled to the Community Earth System Model (CESM [Hurrell et al., 2013]). This simple land model replaces
the Community Land Model v. 5 (CLM5; [Lawrence et al., 2018]) within CESM. Simulations are run coupled to the Community Atmosphere Model v. 5 (CAM5) or forced by an
atmospheric dataset; a slab ocean model (SOM) [Neale et al., 2012]; and the Los Alamos Sea
Ice Model for interactive sea ice (CICE5) [Hunke et al., 2013, LANS, 2017]. The slab ocean
assumes ocean circulation does not change throughout the simulation (monthly heat fluxes
are prescribed for each ocean gridcell, representing horizontal and vertical energy transport
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within the ocean), but allows sea surface temperatures (SSTs), and thus energy exchange
with the atmosphere, to adjust to forcings from the atmosphere. SOMs allow atmospheric
signals to propagate further than fixed SST models, by allowing ocean temperatures to respond to changes in energy fluxes from the atmosphere, but are much less computationally
expensive than fully dynamic ocean models and don’t allow for climate signals driven by
variability in ocean circulation. As such, the SOM provides a good compromise for studying
the impacts of changes in the land surface on atmospheric circulation. The role of oceans in
propagating land surface change impacts on global climate has been previously demonstrated
(e.g. [Bonan et al., 1992, Davin et al., 2010, Swann et al., 2012]); here we capture some of
that response by allowing sea surface temperatures and sea ice to change, but do not capture
any response relating to changes in ocean circulation or heat capacity.
In each experiment, we modify the value of a single surface property while holding the
rest of the surface properties fixed. For each surface property, we run two sets of simulations:
one where the land model is forced with a data atmosphere (‘offline’), and one running fully
coupled to CAM5 (figure 3.1). Land models are frequently run offline (that is, not coupled
with an interactive atmosphere); here, we are interested in identifying how imposing the same
changes on the land surface model both offline and coupled to an interactive atmosphere
impact the resulting surface energy fluxes and temperatures in response to the change in
the land surface. Other delineations of the land-atmosphere boundary, such as allowing the
land to interact with a boundary layer but not a larger-scale atmosphere, would result in a
different interpretation of the role of atmospheric coupling.
In the offline simulations, we use atmospheric forcing data generated by a control simulation of CAM5 running coupled to the simple land model with the following surface property
values over all non-glaciated land regions: snow-free albedo = 0.2, evaporative resistance =
100 s/m, and vegetation height = 0.1 m. These values were chosen as they roughly correspond to a world where all non-glaciated lands are grasslands. The offline simulations
are all forced with the same 3-hourly atmospheric forcing data saved from the last 30 years
of this coupled simulation (where the first 20 years are discarded to allow the model to
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a) Local, direct surface response b) Local atmospheric feedback

Interaction

Data Atmosphere

c) Remote atmospheric feedback
Dynamic Atmosphere

Dynamic Atmosphere

x
Land

Land

Land

Land

Example

1

↓α
↓α

↑ SWabs

↑ Ts

↓ clouds

↑ SWabs

↓ α1

↑ SH

↑ SWdown

↑ Ts

↑ Tair,2

2

↑ Ts,1

Δ circulation

↑ LWdown,2

↑ Ts,2

Figure 3.1: Three types of land atmosphere interactions: (a) the direct, local response of
the surface to the atmosphere (with no feedbacks); (b) local atmospheric feedbacks, where
changes in the atmosphere above a modified land surface occur because of the modified land
surface below that atmospheric column; (c) remote atmospheric feedbacks, where a change
in land at location 1 drives a large-scale atmospheric response, which can in turn impact the
land at location 2. Examples of each feedback consider the impact of a change in albedo α on
absorbed shortwave energy SWabs , sensible heat flux SH, cloud cover, downwards shortwave
energy at the surface SWdown , downwards longwave energy at the surface LWdown , and surface
temperature Ts .

reach equilibrium). We find the results to be qualitatively similar (that is, the direction
and magnitude of the response of surface temperature and energy fluxes to a change in surface property is the same) when the offline simulations are forced with GSWP3 (Global Soil
Wetness Project, Phase 3; http://hydro.iis.u-tokyo.ac.jp/GSWP3/) reanalysis [Compo
et al., 2011], which is the standard atmospheric forcing dataset used to evaluate CLM5 in
offline simulations [Lawrence et al., 2018].
We perturb the value of each of these surface properties over all non-glaciated (in the
present day) land surface (table 3.1). For albedo α, we use α = 0.1 (comparable to the
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Experiments:
Perturbation Variable
Surface Value

albedo

evap. res

vegetation height

α (unitless)

0.1

0.2

0.3

0.2

0.2

0.2

0.2

0.2

0.2

rs (s/m)

100

100

100

30

100

200

100

100

100

hc (m)

0.1

0.1

0.1

0.1

0.1

0.1

0.1

1.0

2.0

Table 3.1: The values for each experiment are given, with each column of three values corresponding to a single experiment. Values for albedo α are given in the top row, evaporative
resistance rs (s/m) in the middle row, and vegetation height hc (m) in the bottom row.
Columns are grouped into the variable being perturbed; note that the ‘baseline’ simulation
of α = 0.2, rs = 100, hc = 0.1 appears three times but is actually a single simulation.

albedo of a needleleaf evergreen forest), α = 0.2 (comparable to the albedo of a grassland),
and α = 0.3 (comparable to the albedo of a desert) [Bonan, 2008a], while holding evaporative
resistance fixed at 100 s/m and vegetation height fixed at 0.1 m. For evaporative resistance
rs , we use rs = 50s/m (low resistance, comparable to that of a crop like wheat), rs = 100
s/m , and rs = 200 s/m (moderately high resistance, comparable to that of a pine forest see Fig. 17.10 in Bonan [2015]), while holding albedo fixed at 0.2 and vegetation height fixed
at 0.1 m. For vegetation height hc (height of canopy) we use hc = 0.1 m (short grassland),
hc =1.0 m (tall grass), hc = 2.0 m (shrub/short tree) [Bonan, 2008a]. After approximately 2
m of vegetation height, the response of surface temperatures and energy fluxes to subsequent
increases in vegetation height becomes much shallower; as such, we perform an additional
three experiments with hc = 5.0 m, hc = 10.0 m, and hc = 20.0 m, to explore the response
of surface fluxes to a range of tree heights; these results are presented in the supplement,
while here we focus on the 0.1-2.0 m range of vegetation heights.
While the goal of this study was to separate the atmospheric sensitivity to individual
surface properties, which often change simultaneously as a result of vegetation change, there
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are situations where real-world vegetation change only modifies one of these properties. An
example of this is the stomatal response of vegetation to changes in atmospheric water
demand, which would modify evaporative resistance but not albedo or vegetation height.
Specific crop cultivars have been developed to modify water use (e.g. Zhang et al. [2005]),
while growing more reflective plants has been proposed as a type of geoengineering [Caldeira
et al., 2013]. Also, there are other land surface properties not perturbed here, which could
impact surface energy fluxes over various time scales, included soil heat capacity, which has
been shown to impact the diurnal amplitude of surface temperatures [Cheruy et al., 2017].
Each simulation is run for 50 years; we discard the first 20 years of the simulation to
allow for the model to reach equilibrium, and evaluate the last 30 years of each simulation.
The drift in surface temperatures over the last 30 years, globally averaged, is less than 0.01
K. Simulations are run at a resolution of 1.9◦ latitude by 2.5◦ longitude.
3.2.2

Simple Land Interface Model (SLIM)

The simple land model used here (the Simple Land Interface Model) allows us to individually
modify different surface properties within a coupled climate model, to isolate their effect on
climate. SLIM is described in greater detail in the supplemental materials of this paper.
For this study, SLIM was written to couple into CESM in place of CLM. At every land
location, the user can independently set each land surface property. These properties include
the snow-free albedo, evaporative resistance, vegetation height (for aerodynamic roughness),
the capacity of the land to hold water, the heat capacity and thermal resistance of the soil,
the number and depth of soil layers, the snow-masking depth (the volume of snow required
to mask the snow-free ground albedo), and the locations of glaciers. Heat diffusion through
the soil is solved on a discretized vertical grid, which is decoupled from the water budget of
the land. Hydrology is represented using a bucket model, where the resistance to evaporation
from the bucket is a combination of a user-prescribed “lid” resistance (comparable to the
bulk stomatal resistance of a complex land model like CLM) and an additional resistance
due to how empty the bucket is (as in the GFDL-LM2 model [Milly and Shmakin, 2002a,
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Anderson et al., 2004] and Manabe [1969]). Given semi-realistic values for albedo, vegetation
height, and evaporative resistance, SLIM can produce surface temperatures that differ less
than 1K to those from CLM5 over most regions using reanalysis atmospheric forcing data
(see chapter 2).
At each time step, the land model solves a linearized surface energy budget to calculate
a surface temperature and surface fluxes of radiation, sensible and latent heat flux, and heat
uptake by the ground. A simple snow model allows snow falling from the atmosphere to
accumulate on the surface and mask the bare ground albedo; snow is removed from the
surface either by sublimation to the atmosphere, or by melting into the land surface.
3.2.3

Analysis Approaches

For each surface property, we fit a least-squares linear regression model of a climate variable
(e.g. surface temperature) to the prescribed values of the surface property (figure 3.2). Each
surface property value has 30 points, one annual mean value for each spun-up simulation year.
When fitting our linear model, we track how linear the relationship between the change in
global surface property (e.g. albedo in figure 3.2) and the response of the climate variable
in question (surface temperature in figure 3.2) using the r2 value of the linear relationship.
We test if the slope is significantly different from zero using the p value (where p < 0.05
indicates a statistically significant relationship at 95% confidence).
In order to evaluate the climate response to physically meaningful changes in each surface property, we scale the slope by a somewhat arbitrary scaling factor chosen to show a
maximum temperature change of roughly 1 K in the coupled simulations, which corresponds
to maximum surface energy flux changes of approximately 10 W/m2 . This corresponds to
a scaling factor of -0.04 for albedo (the surface gets 4% darker), 50 s/m for evaporative
resistance (increasing surface resitance), and -0.5 m for vegetation height (response per 0.5
m shorter/smoother the surface becomes). For example, a slope of -20 K per 1.0 increase in
albedo isn’t physically meaningful, as albedo values only range between 0 and 1. Instead, we
scale the slope to get a change of -0.8 K (−20 K×0.04) per 4% decrease in albedo. In order
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Linear fit between Ts and albedo
slope = -20.25
r2 = 0.91
p << 0.05

Figure 3.2: Example of calculation of the slope

∂atm
∂lnd

for the response of surface (skin) tem-

perature to changing surface albedo at 102.5◦ W, 42◦ N. Individual black dots show the annual
mean temperature for a single year (30 years per spun-up simulation) at each of the three
albedo levels. The solid red line shows the slope of the response, while the dashed red lines
show 1 standard error around the slope. Because this example has a strong response, the p
value, which we use to test if the slope is different from zero, is very small (p≈10−47 ).

to evaluate the warming impact of each surface property, we look at the effects of decreasing
albedo, increasing evaporative resistance, and decreasing vegetation height. This slope value
is calculated individually for each gridcell, and presented as the climate response to each
scaled change in surface property in the rest of the paper.
In our offline simulations, the impact on surface energy fluxes and temperature of a
change in a land surface property represents the response independent of any atmospheric
response to the change in land surface property. That is, the changes are driven only by the
surface energy budget adjustment to the local change in surface property (figure 3.1a), and
not by any change in atmospheric temperature, cloud cover, etc., which may occur due to any
interaction with the atmosphere (figure 3.1b and c). For example, even if the surface energy
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fluxes on the land surface changed dramatically in response to a change in some surface
property, the atmospheric fluxes sent down to the land model would remain the same. Thus,
the offline simulations give us an estimate of the direct response of the surface energy budget
to a change in the land surface in isolation from any atmospheric changes - note that this is
more of a theoretical concept, as in the real world, the atmosphere and land are always free
to interact.
In comparison, coupled simulations capture the direct surface energy budget response
(i.e. the response we would expect in an offline simulation), changes in surface fluxes due
to local atmospheric responses to the initial surface change (figure 3.1b), as well as changes
in local surface fluxes due to remotely driven atmospheric responses (i.e., driven by land
surface property changes elsewhere; 3.1c). We call the changes in the atmosphere driven by
initial changes in land surface properties, which then go on to modify energy fluxes at the
land surface, the atmospheric feedback to that initial land surface change.

3.3
3.3.1

Results and Discussion
Albedo

The albedo (the fraction of incident radiation that is reflected) of different land surfaces
varies greatly between vegetation and land cover types. Coniferous forest albedos range
from 0.05-0.15, deciduous forests from 0.15-0.20, grasslands from 0.16-0.26, and soils from
0.05-0.40; snow cover leads to land albedos of over 0.9 [Bonan, 2002]. We scaled our results
so that they are relative to a 0.04 change in land surface albedo; physically, this can be
thought of as a conservative approximation of the albedo difference between a coniferous
and deciduous forest, or a deciduous forest and a grassland.
Albedo directly controls the amount of solar energy absorbed by the land surface, and as
such, plays an important role in controlling land surface temperatures. If the land surface
absorbs more energy in response to decreasing surface albedo, more energy must also leave
the surface, either by an increase in turbulent energy fluxes (sensible and latent heat), or by
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an increase in longwave radiation emitted by the surface (increasing surface temperature).
Over long timescales the storage of energy by the land surface is negligible.
Offline
The differences in the pattern of temperature change in response to albedo in the offline
simulations, where no atmospheric feedbacks are allowed, are caused by differences in (i)
the change in absorbed solar energy (a function of downwelling solar radiation) and (ii) the
partitioning of energy into turbulent heat fluxes vs surface heating.
In the offline simulations, the temperature response to decreasing land surface albedo
is largest in the mid-latitudes, and smallest at high latitudes (figure 3.3d; supplemental
figure 10a). Because the incident sunlight is weaker at high latitudes, the same decrease
in surface albedo results in a smaller net increase in absorbed solar radiation compared to
lower latitudes. This means that in high latitudes there is less extra energy that the surface
needs to get rid of (either through warming or through turbulent heat fluxes), and the total
temperature change is small. Conversely, temperature changes in the offline simulations are
larger in regions with a large amounts of incident solar radiation at the surface (the tropics
and mid-latitudes). Despite the fact that equatorial regions receive the most incoming solar
radiation at the top of the atmosphere, the large amount of deep cloud cover over the tropics
blocks a lot of solar radiation, and the largest amount of downwelling solar radiation at the
surface in the annual mean actually occurs over northern Africa and the Arabian Peninsula
(supplemental figure 11).
The temperature response to decreasing albedo in the tropics is smaller than in the
mid-latitude deserts not only because of the difference in the incident solar radiation at
the surface, but also because of differences in the amount of water available on the land
surface due to high tropical precipitation rates. As such, though decreasing albedo does
lead to an increase in the total energy absorbed at the surface in the tropics (figure 3.6e),
that excess energy is removed from the surface primarily by evaporating more water (figure
3.6h), negating the need for increased surface temperatures and changes in upwards longwave

61

ΔTs offline

↓0. 5 m vegetation ↑50 s/m evaporative
height
resistance

↓0.04 albedo α

ΔTs coupled
a

d

b

e

c

f

K

Figure 3.3:

Annual mean scaled surface temperature Ts response [K] for (a-c) coupled

simulations and (d-f) offline simulations, per 0.04 darkening of the surface albedo (a,d), 50
s/m increase in evaporative resistance (b,e), and 5.0 m decrease in vegetation height (c,f).
Violet regions (∆Ts < 0.1) indicate regions where the temperature cooled substantially in
response to the prescribed surface change. Stippling indicates regions where the slope is not
significantly different from zero (p > 0.05).
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radiation (figure 3.6f). The largest temperature changes in the offline simulations occur in
sunny, dry regions such as the Sahara and Arabian Peninsula where latent cooling is not able
to occur and the excess absorbed solar energy is balanced by increased surface temperatures
and sensible heat fluxes (figure 3.6f, g).
Coupled
Rather, changes in energy fluxes would be transmitted to the atmosphere, with potential
resulting interactions and feedbacks between the land and the atmosphere. Interactions
with the atmosphere could cause further changes in surface climate through several pathways,
three of which are discussed here. First, changes in atmospheric air temperature could modify
the magnitude of downwelling longwave radiation and the surface-to-atmosphere temperature
gradient, which influences sensible heat flux. Second, changes in cloud cover could modify
the magnitude of both downwelling shortwave and longwave radiation at the surface. Third,
changes in humidity could modify the vertical moisture gradient, which influences latent heat
flux.
In the coupled simulations, not only is the response of surface temperature to decreasing albedo much larger in magnitude compared with the offline simulations, but it is also
drastically different in spatial pattern (figure 3.3a vs d). Rather than the high latitudes
having the smallest temperature response to decreased albedo, they now have some of the
largest warming signals (along with hot, dry regions in the mid-latitudes). The magnitude of
warming at the surface in the coupled simulations is larger than in the offline simulations in
almost all regions, with the exception of equatorial Africa. When the atmosphere is allowed
to respond (coupled simulations), decreasing the surface albedo still generally leads to an
increase in absorbed shortwave radiation. However, the change in absorbed energy is smaller
in magnitude and has a different spatial pattern than in the offline simulations, with nearzero changes in absorbed shortwave radiation in the parts of the tropics and high latitudes,
and the largest increases in absorbed solar radiation occurring over the mid-latitudes and
parts of tropical South America (compare figure 3.6a and d). Surprisingly, there are some
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locations where decreasing albedo actually leads to slightly less absorbed solar radiation at
the surface. This response is most notable in the coupled simulation over equatorial Africa,
and is the result of increased cloud cover over this region reducing the incident solar radiation
(supplemental figure 12).
Across the tropics, decreasing albedo leads to much larger increases in latent heat flux in
the coupled simulations than in the offline simulations, most notably over India, equatorial
Africa, Indonesia, and the western Amazon (figure 3.6 d). Many of these regions also stand
out as having a decrease in net longwave radiation at the surface with decreased albedo,
despite surface warming (figure 3.6 b). Surface warming is accompanied by an increase in
upwards longwave radiation emitted from the surface, following the Stefan-Boltzmann equation LW ↑ ∝ σTs4 (where Ts is the radiative skin temperature of the land surface, and σ is the
Stefan-Boltzmann constant). However, when the atmosphere warms in response to surface
warming, there is also an increase in downwards longwave radiation at the surface. The net
longwave radiation at the surface is the difference between the longwave radiation emitted
upwards, and the downwelling longwave radiation reaching the surface from the atmosphere.
In some locations, the increases in upwards longwave radiation (corresponding to increases
in surface temperatures) are larger than the increases in downwelling longwave radiation
(corresponding to a warmer atmosphere), resulting in decreased net longwave radiation at
the surface as albedo decreases.
The increase in annual mean surface temperature at high latitudes is largest in autumn
and winter (not shown), when the incoming insolation is very small. This is surprising,
as decreasing surface albedo during dark months has a much smaller impact on absorbed
shortwave radiation than decreasing albedo during bright months; moreover, much of the
high-latitude land surface is covered with (bright) snow during the winter months, masking
the direct change in surface albedo. This suggests that the high-latitude winter warming
is not locally driven. Indeed, there is a significant increase in energy transport into the
Arctic region from the mid-latitudes (see section Impact on Global Atmospheric Circulation
below), which should lead to high-latitude warming. Additionally, there significant loss of
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sea ice (largest in September) for the reduced albedo simulations, which is likely due to a
combination of increased energy transport to the Arctic and local warming from summer
albedo changes triggering an ice-albedo feedback.
3.3.2

Evaporative Resistance

Vegetation can directly control the evaporative resistance of a surface through the opening
and closing of stomata on their leaves. The evaporative resistance of a surface is also controlled by soil properties, vegetation root depth, and how much water is available in the
soil. Here, we present results for a 50 s/m change in the evaporative resistance of the land
surface. The total resistance to evaporation is a combination of the surface resistance (which
we perturb) and the resistance associated with how dry the soil is. Changing the evaporative
resistance of the land surface has no direct effect on the total amount of energy absorbed
by the surface; rather, it controls the partitioning between latent and sensible heat fluxes
(figure 3.9). In general we expect that a surface with higher resistance would have relatively
more sensible and less latent heat flux, leading to higher surface temperatures relative to a
surface with lower resistance.
Offline
Our offline simulations show the largest change in surface temperature in the wettest regions
of the tropics (figure 3.3e). This response is intuitive: increasing resistance in these regions
causes a large reduction in latent heat flux (figure 3.9h), which is compensated for by surface
warming, increased sensible heat flux, and increased upwards longwave radiation (figure 3.9f,
g). Dry regions (e.g. the Sahara and central Australia) have no temperature response to
increasing surface resistance in the offline simulations: these regions have very little water
on the land surface and near-zero latent heat fluxes, so making it more difficult to evaporate
water does not result in any substantial changes to the actual magnitude of latent heat
flux, and thus there is no compensating change in the other terms of the surface energy
budget. The amount of shortwave radiation absorbed at the surface is only a function of the
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downwelling shortwave radiation and the albedo of a surface; as such, increasing evaporative
resistance in offline simulations has no impact on the absorbed solar energy at the surface
(figure 3.9e). Instead, evaporative resistance directly controls the partitioning of energy
between turbulent heat fluxes, with the largest temperature responses occurring in warm
locations with large amount of water available to evaporate, such as Indonesia and the
coastal regions of the Amazon (figure 3.9h).
Coupled
As with albedo, the pattern and magnitude of the surface temperature response to increasing
evaporative resistance over land have a larger magnitude and a spatially distinct pattern in
our coupled simulations compared to their offline counterparts (figure 3.3b). Rather than
in the wettest tropical regions, our coupled simulations have the largest changes in surface
temperature in response to decreasing surface resistance in the mid-to-high latitudes. Dry
regions in the subtropics have the smallest change in surface temperature when evaporative
resistance is increased, but these regions still show more warming than in the offline simulations. Though temperature changes in the tropics are small, the decreases in latent heat
flux in the wettest regions of the tropics, such as the Maritime Continent, are the largest of
anywhere on the globe.
One of the largest changes in surface temperature in response to increased evaporative
resistance occurs over southeastern North America. Over this region, there is a slight decrease
in evaporation in both the coupled and offline simulations (compare figure 3.9d and h).
However, the changes to temperature and energy fluxes are otherwise quite different. In the
coupled simulation, increased evaporative resistance at the land surface drives warming and
drying of the regional atmosphere. The warming and drying of the lower troposphere in this
region leads to a decrease in relative humidity and a decrease in low cloud cover (not shown).
The reduction in cloud cover in turn allows more solar radiation to reach the surface, causing
surface temperatures to rise. Averaged over the region from 85 to 100◦ W and 32 to 45 ◦ N,
a 50 s/m increase in evaporative resistance leads to a 6.2 W/m2 in absorbed solar radiation
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in the coupled simulations. This increase in energy into the land system over this region
results in a temperature increase of roughly 0.9 K in the coupled simulation, compared to
a warming of only 0.2 K in the uncoupled simulation (per 50 s/m increase in evaporative
resistance). This cloud feedback is particularly interesting as evaporative resistance cannot
directly modify the amount of energy absorbed by the surface.
The decreases in latent heat flux in response to increased evaporative resistance are
actually smaller in the coupled simulations than in the offline simulations. This is because in
the coupled simulations, as the air dries in response to reduced evaporation, the atmospheric
demand for water increases.

3.3.3

Roughness

Non-linear response to surface roughness
Initial simulations exploring the response of surface fluxes to vegetation height (using hc =
0.1, 1.0, and 10.0 m) showed a distinctly non-linear response of surface temperature and surface energy fluxes to changes in vegetation height. This is in contrast to the linear response
of surface temperatures and energy fluxes to incremental changes in albedo and evaporative
resistance. To explore this further, we performed additional experiments with vegetation
heights of hc = 2.0, 5.0, and 20.0 m, and found that the response is qualitatively similar
to a negative exponential (figure 3.10). To proceed with our linear approximation of the
response, we separate the response to vegetation height into two distinct regimes - that of
‘short’ vegetation (≤ 2m) and that of ‘tall’ vegetation (≥ 2m); this roughly corresponds to
one relationship for grasses to shrubs and small trees, and second relationship for tall trees.
We chose 2m as the separation point by calculating vegetation height associated with the
maximum change in the slope of the change in surface temperature between consecutive
vegetation height experiments for each non-glaciated land point, then taking the mean of
the resulting vegetation heights. The resulting vegetation height with on average the largest
change in the slope of the temperature response to changing vegetation height was approxi-
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mately 1.5 m. So, we calculate one slope for the three experiments with hc = 0.1, 1.0, and
2.0 m, and a separate slope for the four experiments with hc = 2.0, 5.0, 10.0, and 20.0 m.
The response of surface temperatures to incremental changes in short vegetation is much
stronger than the response of surface temperatures to incremental changes in tall vegetation.
The scaling factors applied to the slope of the temperature response (ie, the scaling factor
that leads to roughly 1K maximum warming per incremental vegetation height change) are a
0.5 m decrease in vegetation height for the short vegetation regime, and a 10.0 m decrease in
vegetation height for the tall vegetation regime. However, the overall patterns (though not
magnitudes) of surface temperature response to decreased vegetation height are similar both
between the short and tall response regime, and between the coupled and offline simulations
(figure 3.11).
Offline
Changing the height of vegetation changes the aerodynamic roughness of the land surface,
and thus how effectively turbulent energy fluxes can be exchanged with the atmosphere.
Decreasing surface roughness makes it harder to remove energy from the land surface by
turbulent mixing, but has no direct impact on the total amount of energy entering the land
system (figure 3.12e). Decreasing the roughness leads to a reduction in sensible heat flux,
balanced by a corresponding increase in longwave radiation, with little to no impact on latent
heat flux (figure 3.12f-h).
The strongest impacts on surface energy fluxes occur in regions with large sensible heat
fluxes, such as the sub-tropical desert regions. Note that the pattern of temperature response
is similar for both the short and tall regime of changes in vegetation heights, but that the
height change required to scale responses to roughly 1K shifts from 0.5 m in the short
regime to 10.0 m in the tall regime (see supplemental figure 16 and further discussion in the
supplement). This reflects a shift in how efficiently a given change in surface aerodynamic
roughness can impact energy fluxes and surface temperatures - when the land is relatively
smooth, small changes in aerodynamic roughness are important; when the land is relatively
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rough, small changes have little impact.

Coupled
Unlike decreasing albedo and increasing evaporative resistance, which result in larger temperature changes with different spatial patterns in the coupled compared to the offline simulations, decreasing surface roughness results in a similar pattern and magnitude of warming
in the coupled vs offline simulations (figure 3.3c, f). Also unlike the albedo and evaporative
resistance cases, which modify both the surface temperature (radiative skin temperature)
and the air temperature in the coupled simulations, the temperature response in the coupled
roughness simulations is primarily restricted to the surface itself (figure 3.13).
In both the offline and coupled experiments, decreasing the vegetation height (and thus
the surface roughness) has the largest impact on temperature in the warmest regions of
the globe, with much smaller annual mean temperature increases in the high latitudes. As
the roughness of a surface should impact how efficiently turbulent heat can be moved away
from the surface, it should have the largest impact on surface temperatures in regions where
turbulent heat fluxes play a large role in balancing the surface energy budget.

3.3.4

Feedbacks

In the real world, as well as in our coupled simulations, the land surface does not respond to
forcing in isolation – changes in surface energy fluxes are communicated to the atmosphere,
and can drive changes in atmospheric temperature, humidity, cloud cover, and circulation
as noted above. Many of these atmospheric responses to changes in surface energy fluxes
can then feedback on the surface energy budget itself. For example, a change in cloud cover
driven by some initial surface change could lead to a subsequent change in solar radiation
reaching the surface, which in turn drives further changes in the surface energy budget (figure
3.1b). Additionally, the atmosphere can transmit information (e.g. changes in circulation,
or fluxes of water, heat, or clouds) from one atmospheric column to another, such that a
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change in the land surface in one region can, through these remote atmospheric feedbacks,
influence the surface energy budget in a remote region (figure 3.1c).
Total Atmospheric Feedback
The differing surface fluxes between simulations where the atmosphere is or is not allowed
to respond result in remarkably different patterns and magnitudes of surface temperature
change for the same imposed surface property change as described above. Because the
atmosphere can respond to changes in surface fluxes, modifying land albedo, evaporative
resistance, and roughness can lead to large changes in cloud cover, snow fall, sea ice, and
energy transport, all of which can feedback on the surface energy fluxes over the land surface.
We define the total atmospheric feedback on surface climate to be the difference between
the coupled simulation and the offline simulation (figure 3.14 – for surface air temperature,
this would be the difference between the left and right columns of figure 3.3). For albedo
and evaporative resistance, the extra-tropics have up to 1K of additional surface warming
when the atmosphere is allowed to respond to changes in surface energy fluxes driven by the
modified land surface properties.
To identify the strength of the atmospheric feedback – that is, what percent of the total
warming signal comes from interactions with the atmosphere – we calculate the percent
change in a surface temperature between the coupled simulation and the offline simulation:
Feedback Strength =

coupled − offline
× 100.
|coupled|

(3.1)

For albedo, over 50% of the change in surface temperature comes from interactions with the
atmosphere over more than 80% of global, non-glaciated land area, with as much as 75% of
the temperature response coming from the atmosphere over 28% of land area. This is even
larger for evaporative resistance, over 50% of the surface temperature increase comes from
atmospheric feedbacks over 84% of non-glaciated land areas, with increases as large as 75%
over 64% of land area (figure 3.15). This suggests that vegetation changes that significantly
alter either the color of the land surface, or how difficult it is to remove water from the land
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surface (such as the conversion of a forest to a grassland) have significant impacts on surface
climate due to changes in the atmosphere in response to the initial vegetation change.
Impact on Global Atmospheric Circulation
In addition to changes in temperature driven by changes to the local surface energy budget,
decreasing albedo and increasing evaporative resistance both drive changes in large-scale
atmospheric circulation. A northward shift of the Haley circulation results in a significant
change in northward energy transport by the atmosphere (figure 3.8a). When excess energy
is absorbed in the northern hemisphere the Hadley Circulation shifts to move energy from
the energy-rich northern hemisphere to the southern hemisphere, causing the intertropical
convergence zone to shift towards the energy rich hemisphere (figure 3.8b). This response is
well documented in slab ocean models [Chiang and Bitz, 2005b, Kang et al., 2008, Swann
et al., 2012, Frierson and Hwang, 2012, Chiang and Friedman, 2012, Laguë and Swann, 2016]
and also found in models with dynamical oceans [Broccoli et al., 2006]. If such an energy
gradient is established, we expect to see this large-scale circulation response.
In the case of albedo, a darker surface directly increases the amount of energy absorbed
by the land surface. Because the northern hemisphere has more land – in particular, more
non-glaciated land (we only modify non-glaciated land in this study) – than the southern
hemisphere, decreasing land albedo globally results in more energy being absorbed by the
surface in the northern hemisphere than in the southern hemisphere. The resulting energy
gradient causes a southward shift in the Hadley Circulation, evident in the increased southward energy transport across the equator. However, decreasing land albedo also has the effect
of slightly increasing the energy transport from the northern mid-latitudes into the Arctic,
leading to high-latitude warming driven by the non-local albedo changes in the tropics and
mid-latitudes.
Evaporative resistance, unlike albedo, does not directly change the amount of energy
absorbed by the surface – rather, it changes the partitioning of energy between sensible
and latent heat. As such, it is surprising that increasing evaporative resistance drives a
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large, significant decrease in northward energy transport (blue line in figure 3.8a). We
find that increasing evaporative resistance drives a decrease in cloud cover over many land
areas; this causes an increase in downwelling shortwave radiation at the surface, and thus an
increase in net shortwave energy absorbed at the surface despite no change in surface albedo
(supplemental figure 12b, figure 3.9a). This introduces the hemispheric energy imbalance
required to drive the observed large-scale shifts in energy transport.
Changing the roughness of the surface has only a weak impact on the total amount of
energy absorbed by the land, and as such we see only small changes in northward energy
transport and zonal mean precipitation (orange lines in figure 3.8).
Response over oceans
Changes in land surface properties drive changes in surface climate not only over the land,
but also over the oceans. The slab ocean model employed in these simulations allows sea
surface temperatures (SSTs) and sea surface energy fluxes to respond to changes in the
atmosphere (though heat transport within the ocean is held fixed). As such, atmospheric
signals driven by changes in the land surface can propagate over the oceans, impacting SSTs,
oceanic clouds, and precipitation, and potentially reaching far-removed land surfaces. Unlike
the climate response over land regions in the fully coupled simulations, where the change in
climate may be coming directly from the change in the land surface at that grid cell, or from
atmospheric responses to remote changes in the land surface, the climate response over the
ocean must inherently be a remote response to changes in the land surface, given that the
ocean surface was not directly modified in any of our simulations.
When we make the land surface darker (reduce albedo), there is a large warming response
over the Arctic Ocean, caused by a strong sea ice feedback where arctic warming leads to loss
of sea ice, which amplifies high-latitude warming (figure 3.13). The warming that initially
drives the sea ice loss is a combination of both local warming from land in the northern highlatitudes, as well as from an increase in energy transport into the high northern latitudes
(figure 3.8a). With a darker land surface, the increase in absorption of solar radiation
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over land drives increased air temperatures over land; this warming is then advected by
the atmosphere, resulting most notably in increased SSTs downwind of land masses in the
northern hemisphere. In contrast to the northern hemisphere warming over the oceans, in the
southern hemisphere the temperature response over the cloud decks west of South America,
southern Africa, and Australia are near-zero or negative. This cooling is caused by an increase
in low cloud cover over these regions, which in turn is supported by increase subsidence over
these low cloud decks (supplemental figure 15). Whether the increased subsidence is due to
the direct albedo change of the neighboring continent (e.g. setting up a local East-West,
Walker-like circulation), or is driven by the changes in large-scale atmospheric circulation
(e.g. increased subsidence as a result of a shifting ITCZ), would require further simulations
and is not the focus of this study.
3.3.5

Inverse relationship

Thus far, we have considered the response of various climate variables (e.g. Ts , the surface
energy budget, clouds) as the change in that climate variable per incremental change in the
magnitude of a surface property (albedo, evaporative resistance, or roughness); that is, we
have considered the slope

∂atm
.
∂lnd

However, in order to compare the relative impact of changes

in different surface property types it would be useful to know how much of a change in each
property is needed to cause the same amount of temperature response. We can use our
simulations to consider the inverse relationship

∂lnd
.
∂atm

By scaling

∂lnd
∂atm

such that ∂atm = 0.1

K , this relationship can be interpreted as the magnitude of global change in some surface
property (albedo, evaporative resistance, or roughness) required to drive a 0.1 K increase in
surface temperature at any particular location (figure 3.16). A similar calculation can be
applied to the offline simulations, which do not account for any atmospheric feedbacks; in
that case, we calculate the local change in surface albedo required to drive an 0.1 K change
in local surface temperature, with no interaction effects from the local atmosphere, and no
temperature effects from remote albedo change.
In the coupled simulations, only an 0.01 (1%) decrease in global land surface albedo
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is required to drive 0.1K of warming over 85.3% of land areas (figure 3.16a). This is well
within the range of actual surface albedo changes associated with vegetation change, with
grass albedos alone ranging from 0.16-0.26 [Bonan, 2002]. In the offline simulations, only
14.9% of land areas achieve an 0.1K warming with a 1% decrease in global land albedo (figure
3.16d).
To achieve an 0.1K temperature increase at any given location from global-scale changes
in evaporative resistance, much larger changes in evaporative resistance are required in the
offline vs the coupled simulations (figure 3.16b,e). For example, to see 0.1K of warming over
southwestern North America, a 5-10 s/m increase in global land evaporative resistance would
be required in the coupled simulations, while a change of over 20 s/m would be required in
the offline simulations. The offline simulations require much larger changes in global land
evaporative resistance to drive an 0.1K local temperature (figure 3.16e), largely because the
warming response to increased evaporative resistance in the coupled simulations is due to
changes in cloud cover which don’t occur in the offline simulations. Only in some very wet
areas, such as Indonesia, does a change in evaporative resistance translate to a substantial
temperature change in the offline simulations.
Decreasing global land surface vegetation height by < 0.1m or less leads to 0.1K of
surface temperature change across most of the low to midlatitudes, with smaller height
changes required in hot, arid regions (figure 3.16 c, f). In the high latitudes, where the air is
frequently warmer than the surface, particularly during winter, it is not clear that decreasing
vegetation height in these regions should lead to warming. Because atmospheric feedbacks
play a smaller role in the local climate impact of changing vegetation height, the offline map
can be interpreted as an indicator of where a local change in surface roughness is likely to
result in a substantial change in local surface temperature.
3.3.6

Theoretical temperature response to albedo

In both our coupled and offline simulations we observed an increase in surface temperature
when we made the land surface darker. This is what we intuitively expect as a result of more
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energy being absorbed by the surface. However, latent and sensible heat fluxes may also
change in response to a darker surface, and the partitioning between these fluxes will further
alter the surface temperature response. We can predict the theoretical maximum change in
temperature that would be required to balance a given change in albedo if the turbulent
heat fluxes (latent and sensible heat) did not change. In reality, LH and SH may change
in response to a change in surface albedo, but by making the assumption that they are
constant, we can calculate an upper bound on the change in surface temperature in response
to decreasing surface albedo (in the absence of atmospheric feedbacks) by assuming that
all of the increase in absorbed solar radiation resulting from a decrease in surface albedo
is balanced by an increase in upwards longwave radiation, which is a function of surface
temperature. The theoretical upper limit of the surface temperature impact on albedo is
useful as it provides an idea of where albedo changes are able to have the largest direct
impact on the surface energy budget, in the absence of atmospheric feedbacks.
Consider the sensitivity of surface temperature Ts to an 0.1 decrease in surface albedo
α (darkening the surface by 10%; this is approximately the difference in albedo between
a grassland and a forest [Bonan, 2008a]). With all else being equal, an 0.1 decrease in
surface albedo should correspond to a 10% increase in absorbed shortwave radiation at the
surface (an increase in Ein in equation 3.2). This increase in Ein must be balanced by
an equal increase in Eout (ignoring storage of heat by the soil, which is ≈ 0 over annual
timescales); this means there must be an increase in at least one of sensible heat flux, latent
heat flux (evaporation), or upwards longwave radiation (a function of surface temperature,
LWup = σTs4 ). If there was no change in turbulent heat fluxes (∆SH = ∆LH = 0), we could
can estimate the (annual mean) ∆Ts required to balance the change in absorbed radiation
without actually running a model, as follows:

∆Ein = ∆α × SWdown .

(3.2)

We must have ∆Ein = ∆Eout , and here we assume that ∆Eout = ∆LWup . So, for every land
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point, we have
∆α × SWdown = ∆LWup

(3.3)

LWup = σTs4

(3.4)

∂LWup
= 4σTs3
∂Ts

(3.5)

⇒ ∆LWup ≈ 4σTs3 ∆Ts

(3.6)

∆α × SWdown = 4σTs3 ∆Ts

(3.7)

⇒ ∆Ts =

∆α × SWdown
4σTs3

(3.8)

For simplicity, we will use the annual mean value of and for each land point. Then ∆Ts is
an estimate of the temperature change required to balance an 0.1 darkening of the surface, if
all the change in absorbed energy had to be balanced by an increase in surface temperature
(figure 3.18).
The places with the largest theoretical change in Ts are those which are both cold and
sunny, e.g. the Tibetan Plateau. This logically follows from equation 3.8, as for a fixed
∆Ein , a larger ∆Ts is required to balance Ein if Ts,0 is low (figure 3.17); changes in Ein are
largest in places that receive a lot of solar insolation at the surface (e.g. while the poles are
cold, they have a small ∆T because the ∆Ein is small).
Regions where the offline simple land model simulations predicts a smaller temperature
change relative to the theoretical maximum ∆Ts are places that have a strong direct response
of turbulent heat fluxes to albedo change. In these regions, albedo significantly modifies the
surface energy budget, but does not substantially alter surface temperatures. However it
is not just the magnitude of temperature change that varies between the two estimates.
The change in absorbed energy due to reduced albedo is largely balanced by evaporation
of water in places that are both wet and get a lot of solar insolation (the tropics, esp. the
regions that in the real world are rainforests) (figure 3.6 g,h). These regions with large latent
heat flux responses have a weak response of temperature to changes in local albedo because
the excess energy absorbed due to a darker surface is used to evaporate water, rather than
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to warm. Thus, the impact of decreasing albedo on surface temperature is fundamentally
different in dry vs. wet regions; while both regions experience a substantial increase in
absorbed shortwave radiation in response to decreased albedo, dry regions warm in response
to decreased albedo much more than wet regions.

3.3.7

Comparison to Davin et al. [2010]

Davin et al. [2010] used a global climate model to explore the effects of global deforestation.
Our results are consistent with Davin et al. [2010] in that increases in global land surface
albedo lead to global-scale cooling; the largest temperature changes in their study occur at
high latitudes, while our largest temperature changes occur in mid-latitudes. Additional
differences could result both from the spatially non-uniform surface changes used in Davin
et al. [2010], from the fact that they used a fully dynamic rather than slab ocean, as well as
from model-dependency of results. Our work builds upon Davin et al. [2010] in two notable
ways: first, by exploring the scaling relationship between different magnitudes of change
in albedo, evaporative resistance, or vegetation height and the resulting climate effect, and
second, by quantifying how much of the climate response to global changes in each land
surface property was the result of atmospheric feedbacks.

3.3.8

Caveats and Limitations

In this study we have established that the feedbacks from the atmosphere are large, comprising for example 75% or more of the total response of surface temperature to a change
in surface resistance over 64% of land area. However, atmospheric feedbacks can be local (a
change in the atmosphere above some location due to a change in land properties at that
location) or remote (a change in the atmosphere above some location due to a change in land
properties at a different location). We can see this effect clearly over the oceans where the
climate response must be entirely remote, as the surface of the ocean is never directly modified in this study. However with our simulations alone, we cannot fully separate the effects
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of local vs. remote atmospheric feedbacks over land because all land areas are perturbed at
the same time; doing so will be left for future studies.
We present the response of surface fluxes and radiative skin temperatures to changes in
different land surface properties. It is also important to consider how changes in each surface
property impact near-surface air temperature, as this is the temperature humans experience
from day-to-day. In the case of albedo and evaporative resistance, the 2m air temperature
is only slightly damped compared to the radiative skin temperatures (figure 3.13 a,b; d,e).
However, the change in the 2m air temperature does not necessarily mirror the change in
the surface (radiative) temperature of the land surface. This is particularly evident when
comparing the effect of changes in roughness on surface vs 2m air temperature (figure 3.13c,f);
while albedo and evaporative resistance result in warming both of the land surface and the
air in the coupled simulations, the magnitude of surface temperature response to decreasing
roughness is much larger than that of 2m air temperature.
In this study we aim to isolate the effect of individual surface properties on climate,
and so in each experiment we modify a single land property at a time. When considering
the climate impact of actual land use change, for example changing from a forest to a
grassland, multiple properties of the land surface are changed simultaneously. It is possible
that modifying multiple surface properties at the same time and in different patterns leads
to non-linear responses, which we have not addressed in the results presented here, but are
an area for future study. Identifying which surface property dominates when all the surface
properties associated with a given change in vegetation is especially important, given this
uncertainty is one of the main reasons vegetation change drives different responses across
models [Pitman et al., 2009, De Noblet-Ducoudré et al., 2012]. Additionally, the strength
of the atmospheric feedbacks presented here are the results of a single atmospheric model
(CAM5); other atmospheric models could show stronger or weaker responses to changes in
the land surface, particularly with regards to cloud cover. In particular, the strong response
of low cloud cover to changes in evaporative resistance from the land surface is likely to be
highly dependent on the shallow convection scheme used; the CAM5 model used in this study
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uses the University of Washington Shallow Cumulus Parameterization [Park and Bretherton,
2009, Neale et al., 2012].
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↓5 m vegetation ↑50 s/m evaporative
↓0.04 albedo α
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ΔTs uncoupled
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b
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K
Figure 3.4: Surface temperature response to changing surface properties, but with a smaller
range to better show spatial pattern of temperature response in offline simulations only.
Annual mean scaled surface temperature Ts response [K] for the offline simulations, per 0.04
darkening of the surface albedo (a), 50 s/m increase in evaporative resistance (b), and 5.0
m decrease in vegetation height (c). Cyan regions (∆Ts < 0.1) indicate regions where the
temperature cooled substantially in response to the prescribed surface change.
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Downwelling Shortwave Radiation at Surface

Figure 3.5:

Annual mean downwelling shortwave radiation at the surface [W/m2 ] in the

‘baseline’ idealized simulation (albedo = 0.2, evaporative resistance = 50 s/m, vegetation
height = 0.1 m), with SLIM coupled to CAM5.
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Figure 3.6: Annual mean change in surface energy fluxes [W/m2 ] per 0.04 decrease in global
land albedo. Fluxes from the coupled simulations (a-d) are shown on the left, while offline
fluxes (e-h) are shown on the right. Fluxes shown are net shortwave radiation (a,e), net longwave radiation (b,f), sensible heat flux (c,g), and latent heat flux (d,h). Red (blue) indicates
an increase (decrease) in net shortwave radiation, net longwave radiation, and sensible heat
flux. Green (brown) indicates an increase (decrease) in latent heat flux. Stippling indicates
regions where the response is not significant (p > 0.05).
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Shortwave Cloud Forcing
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Figure 3.7: Change in shortwave cloud forcing (left) and longwave cloud forcing (right)
per 0.04 decrease in albedo (a,d), 50 s/m increase in evaporative resistance (b,e), and 5
m decrease in vegetation height (c,f). Stippling indicates statistically insignificant regions
(p > 0.05). The shortwave and longwave cloud forcing are calculated by the model, and
are equal to the difference in radiation reaching the surface between a sky that includes the
radiative effects of clouds, and a ‘clear’ (cloud-free) sky.
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Figure 3.8: Change in (a) northward energy transport [Petawatts] and (b) zonal mean precipitation [mm/day] per 0.04 decrease in albedo (green), 50 s/m increase in evaporative
resistance (blue), and 0.5 m decrease in vegetation height (orange). Solid lines show the
annual mean change in each field per change in each surface property. Shading indicates 1
standard deviation around that mean change. Northwards energy transport Fφ at each latiR φ R 2π
tude φ is calculated as Fφ = −π/2 0 RT OA a2 cos φdλdφ, where a is the radius of the Earth,
RT OA is the net radiation at the top of the atmosphere, φ is latitude, and λ is longitude.
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Figure 3.9: Annual mean change in surface energy fluxes [W/m2 ] per 50 s/m increase in
evaporative resistance. Fluxes from the coupled simulations (a-d) are shown on the left,
while offline fluxes (e-h) are shown on the right. Fluxes shown are net shortwave radiation
(a,e), net longwave radiation (b,f), sensible heat flux (c,g), and latent heat flux (d,h). Red
(blue) indicates an increase (decrease) in net shortwave radiation, net longwave radiation,
and sensible heat flux. Green (brown) indicates an increase (decrease) in latent heat flux.
Stippling indicates regions where the response is not significant (p > 0.05).
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ΔTs offline

Surface Temperature [K]

Surface Temperature [K]

ΔTs coupled

Figure 3.10: The annual mean surface temperature at select locations across the range of
vegetation height experiments, with hc = 0.1, 1.0, 2.0, 5.0, 10.0, and 20.0 m. Coupled
simulations are shown in the left column, while offline simulations are shown in the right
column. Mid and low latitude locations are shown in the top row, while high latitude
locations are shown in the bottom row (not differing y-axis ranges). The latitude (positive for
Northern hemisphere, negative for Southern hemisphere) and longitude locations (increasing
Eastward from 0 to 360) are given for each location in the legend.
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Figure 3.11: Change in surface temperature in the coupled (left) and offline (right) simulations for the short (top row) and tall (bottom row) vegetation height regimes. The short
regime is scaled by a 0.5 m decrease in vegetation height, while the tall regime is scaled by
a 10.0 m decrease in vegetation height. Stippled regions do not pass a t-test with p=0.05.
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Figure 3.12: Annual mean change in surface energy fluxes [W/m2 ] per 0.5 m decrease in
vegetation height. Fluxes from the coupled simulations (a-d) are shown on the left, while
offline fluxes (e-h) are shown on the right. Fluxes shown are net shortwave radiation (a,e),
net longwave radiation (b,f), sensible heat flux (c,g), and latent heat flux (d,h). Red (blue)
indicates an increase (decrease) in net shortwave radiation, net longwave radiation, and sensible heat flux. Green (brown) indicates an increase (decrease) in latent heat flux. Stippling
indicates regions where the response is not significant (p > 0.05).
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Figure 3.13: Change in surface temperature (left) and 2m air temperature (right) [K] per 0.04
decrease in land surface albedo (a,d), 50 s/m increase in land surface evaporative resistance
(b,e), and 0.5m decrease in land surface vegetation height . Stippling indicates regions that
are not significant (p < 0.05), while violet shows areas where the temperature response is
less than -0.1 K.
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Figure 3.14: Difference in surface temperature response in coupled - offline simulations for
(a) albedo, (b) evaporative resistance, and (c) vegetation height.
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Figure 3.15: Atmospheric feedback strength (percent change) for (a) albedo, (b) evaporative
resistance, and (c) vegetation height.
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Figure 3.16: Change in surface property required to drive an 0.1 K warming in and coupled
(left) and offline (right) model simulations, for albedo (top), evaporative resistance (middle),
and vegetation height (bottom). Note that negative numbers for albedo (darker colors)
mean a decrease (darkening) in albedo; positive numbers for evaporative resistance mean an
increase in resistance; negative numbers for vegetation height mean a reduction in vegetation
height (smoother surface). Stippling indicates regions that are not statistically significant
(p>0.05).
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Figure 3.17: Shape of the longwave radiation curve LW = σT 4 (blue) as a function of
temperature. At low starting temperatures (orange), a larger change ∆T is required to
achieve the same ∆LW than at higher starting temperatures (purple).
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Figure 3.18: Change in surface temperature Ts required to balance an 0.1 darkening of the
land surface (a) if all the extra absorbed energy went into longwave radiation and (b) in the
actual offline simulation.
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3.4

Summary and Conclusions

We evaluated the sensitivity of climate over the land surface to changes in three individual land surface properties (albedo, evaporative resistance, and aerodynamic roughness).
Changes in land albedo result in more absorbed incoming shortwave radiation, which leads
to large surface temperatures changes in water-limited regions; temperature changes are
small, but changes in latent heat flux are large, in regions with ample terrestrial water availability. Albedo has the largest impact on surface temperatures in warm, sunny regions in the
offline simulations, but much larger and spatially broader impacts on surface temperatures
across the mid and high latitudes in the coupled simulations due to large-scale interactions
with the atmosphere. Changes in evapotranspiration do not directly affect the amount of
energy absorbed by the surface; rather, changes in evapotranspiration lead to changes in
the partitioning between sensible and latent heat fluxes, with increased surface temperatures
and reduced evaporation when evaporative resistance is increased. Changes in evaporative
resistance have the largest impact on surface temperature in wet areas such as the tropics in
the offline simulations, with even larger surface temperature responses in the coupled simulations in extratropical regions with both wet soil and relatively dry air, such as south-eastern
North America and northern Eurasia. Changes in vegetation height modify the aerodynamic
resistance of the land surface, and results in a repartitioning of surface energy fluxes between
turbulent heat fluxes - mostly sensible heat flux - and emitted surface longwave radiation
(corresponding to changes in surface temperature). Changes in surface roughness have the
largest impact on surface temperatures in warm, dry regions.
When investigating the climate effect of changes in land surface properties, the results
are drastically different between offline land-only simulations driven by non-interactive atmospheric data, and simulations that account for interactions and feedbacks with the atmosphere. The response of surface temperature to changes in albedo and evaporative resistance
are much stronger and have a distinctly different pattern in coupled simulations than offline
simulations, with over 50% of the total temperature change in response to albedo coming
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from interactions with the atmosphere in over 80% of land areas. For surface roughness, the
pattern and magnitude of temperature change are similar, though not identical, between the
coupled and offline simulations. The differences in climate response to the same change in the
land surface between the coupled and offline simulations come from atmospheric feedbacks
responding to surface property-driven changes in surface energy fluxes. These atmospheric
feedbacks include changes in atmospheric temperature, humidity, cloud cover (which go on
to modify the amount of solar radiation reaching the surface), and circulation. Some of these
circulation responses, such as changes in northward heat transport, are large in spatial scale
and thus provide a mechanism for surface property changes in one location to impact climate
over far removed land areas.
The inverse relationship presented in this paper describes the change in some land surface
property required to produce a change in a given climate variable, for example, the change in
albedo required to drive 1K of surface warming at some location. This approach provides a
framework to analyze the impacts of land management on different aspects of surface climate.
This highlights the importance of accounting for local land-atmosphere interaction impacts
on climate, and for quantifying the impacts of remote land use change on the climate of
given region when considering the climate impacts of land management in the future.
The simple land model, SLIM, introduced in this paper provides the ideal framework to
assess atmospheric responses to prescribed surface perturbations. It allows us to quantify the
climate impacts of individual land surface properties while knowing exactly what is changing
on the land surface. We foresee this model being useful in applications such as paleoclimate
studies where the exact distribution and behavior of vegetation is unknown, studies where
the complexity of a modern land surface model is not needed, studies where unexpected
feedbacks with complex land dynamics could interfere with the intended experiments, or
studies aimed at understanding the behavior of an ESM without complexities in the land
surface model.

96

Chapter 4
THE IMPACTS OF GLOBAL LAND SURFACE PROPERTY
CHANGES ON ATMOSPHERIC CIRCULATION
Abstract
Atmospheric circulation acts to move energy away from energy-rich regions, such as the
equator, to the energy-poor regions, such as the poles. The total amount of energy in an
atmospheric column can be approximated by the total flux of energy at the top of that
column - that is, net solar radiation and outgoing longwave radiation - and the net flux
of energy at the base of the column. Over land regions, the energy flux between the land
and the atmosphere is modulated by surface properties. Changes in surface properties can
result in changes in the total column-integrated moist static energy (MSE), thus creating
energy gradients within the atmosphere. These energy gradients can then drive changes in
large-scale atmospheric circulation.
Here, I show how changes in albedo and evaporative resistance modify the atmospheric
energy potential. Decreasing the albedo of the land surface increases the total column MSE
over all land regions, driving a net flow of energy away from the continents and towards the
ocean. This response is largest over the Sahara and Arabian Peninsula region; because these
areas (i) have lots of land, (ii) have little cloud cover and (iii) receive a lot of solar radiation,
decreasing the land albedo results in a substantial increase in the total amount of energy
in the atmosphere in this region. Increasing the evaporative resistance of the land surface
only increases column MSE in regions with strong cloud feedbacks, resulting in a net flow
of energy away from the northern mid-latitudes. These changes in the atmospheric energy
potential provide hypothesis for the observed changes in precipitation, with energy-driven
shifts in precipitation occurring in the tropics, and locally-driven precipitation responses
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occurring (in particular, in response to evaporative resistance) in the mid-latitudes.
4.1

Introduction

Changes in various land surface properties alter surface energy fluxes. Changes in these
fluxes of energy into the atmosphere from the surface can, in turn, alter the atmosphere both
locally on on larger scales by modifying atmospheric circulation. Some of these circulation
responses were briefly explored in chapter 3; this chapter will delve more deeply into how the
spatial patterns of atmospheric circulation, energy transport, and precipitation are modified
by altering land surface properties.
The atmosphere experiences a net gain of energy near the equator, and a net loss of energy
near the poles.The atmospheric energy balance at any given location is a combination of the
total energy coming into the atmosphere at the top (ie, solar radiation, which is largest in the
tropics), energy coming into the bottom of an atmospheric column (in the form of reflected
sunlight, upwards longwave radiation from the land, ocean, or ice surface, or in the form
of turbulent heat fluxes), and horizontal energy transport into an atmospheric column from
elsewhere. The atmosphere does not radiatively cool near the equator quickly enough to
locally radiate away all the energy that is absorbed in that location. Near the poles, where
solar forcing is weak, it is comparatively easy to lose energy to space. This equator-to-pole
energy gradient drives the atmospheric circulation, which acts to move energy away from the
energy-rich equator towards the energy-poor poles.
Zonally, the sum of atmospheric and oceanic energy transport can be inferred from the
imbalance of net shortwave and longwave radiative fluxes at the top of the atmosphere, which
implies a net transport of energy away from the equator towards the poles [Hartmann, 2015].
At low latitudes, this energy transport is accomplished through the Hadley Circulation
[Trenberth and Stepaniak, 2003]. The maximum in solar radiative forcing in the tropics
drives a region of strong convection - the Intertropical Convergence Zone (ITCZ). In the
zonal mean, the strong region of convection pulls warm, moist air towards the ITCZ near
the surface, then moves this moist air upwards in the ITCZ. As the moist air condenses to
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form clouds, latent energy is released. This energy moves away from the equator in the upper
branches of the Hadley cells. In the mid-latitudes, energy transport is completed by a mix
of stationary and transient eddies [Trenberth and Stepaniak, 2003]. In the high latitudes,
energy is radiatively lost to space, as outgoing longwave radiation (OLR) at the top of the
atmosphere exceeds absorbed solar radiation.
Energy transport does not only happen in the equator-to-pole direction. For example,
multiple east-west circulations in the tropics move mass and energy longitudinally, including
the Pacific Walker Circulation, which moves energy away from the region of deep convection
above the East Pacific Warm Pool [Trenberth and Stepaniak, 2003, 2004, Krishnamurti et al.,
1973, Krishnamurti, 1971].
The total moist static energy of an atmospheric column is the vertically integrated potential, latent, and thermal energy of the air in that atmospheric column. Generally speaking,
atmospheric energy flows down the gradient of moist static energy potential [Boos and Korty,
2016]. In the zonal-mean sense, this corresponds to energy flowing away from the equator
and towards the poles. Shifts in this atmospheric energy transport in the tropics correspond
to shifts in the zonal-mean location of the ITCZ, with a 1 PW change in cross-equatorial
energy transport corresponding to a roughly 3◦ shift in the zonal mean location of the ITCZ
[Donohoe et al., 2013]. In slab ocean models (such as those used in this chapter), the ITCZ is
particularly apt to shift in response to hemispheric energy imbalances, as ocean heat transport cannot respond to changes in energy gradients [Swann et al., 2012, Laguë and Swann,
2016]. This relationship can be extended to a 2-dimensional sense, where shifts in atmospheric energy transport in the tropics can also be related to tropical precipitation shifts
[Boos and Korty, 2016]. This has been shown for the seasonal cycle, El Niño vs La Niña
years, and even for the mid-Holocene [Boos and Korty, 2016].
In this chapter, the impacts of changing land surface properties are explored in two different models. First, I consider the global land surface property changes imposed in the
CESM-SLIM simulations used in chapter 3. In these simulations, changes in albedo, evaporative resistance, and vegetation height drive not only substantial changes in surface energy
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fluxes, but also changes in winds both at the surface and aloft, changes in precipitation, and
changes in large-scale energy transport.
In addition to the CESM-SLIM simulations, I consider a set of more idealized experiments
using the ISCA [Vallis et al., 2018] climate model with two idealized continental configurations, which I use to further explore the effects of changes in albedo and evaporation from
the land surface on large-scale atmospheric energy transport.
4.2

Circulation changes in CESM-SLIM in response to global-scale land property changes

4.2.1

Winds

Changes in albedo and evaporative resistance both drive substantial shifts in the jet stream,
while changes in vegetation height only impact surface winds. These effects are explored for
each surface property below.
Albedo
Decreasing the albedo of the land surface results in a northward shift of the northern hemisphere jet, and an intensification around the edges of the southern hemisphere jet (figure 4.1
a). In particular, the northward shift of the northern hemisphere jet is particularly prominent
over the Pacific, North America, and (more weakly) the Atlantic.
Why would modifying land albedo result in a change in the jet stream? When the
land absorbs more energy as a result of the decrease in albedo, temperatures at the surface
warm, but so do temperatures throughout the troposphere (figure 4.2). While there is
warming throughout the troposphere (in both hemispheres), the warming is particularly
strong throughout the column in the northern mid-latitudes (where surface temperatures had
some of the strongest responses), aloft in the tropics, and near the surface over the Arctic.
Specifically, the strong warming throughout the column at 30◦ N modifies the equator-to-pole
temperature gradient. The jet, which sits roughly at the maximum of this gradient, is thus
modified by the change in the meridional temperature gradient.
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Evaporative Resistance
Unlike modifying land surface albedo, modifying evaporative resistance should not necessarily
result in a change in air temperatures aloft. However, there is still a change in the jet
associated with modifying land surface resistance - in particular, there is an intensification
of the southern edge of the northern hemisphere jet. This could result from the equator-topole temperature gradient becoming weaker as the warming in the northern hemisphere in
response to increased evaporative resistance is stronger to the north than the south.
Vegetation Height
Modifying the vegetation height should have some impact on the magnitude of drag the
land surface exerts on the atmosphere (though, note, that the roughness associated with
topography is not modified in these simulations). However, there is little-to-no significant
change in zonal wind aloft associated with changes in roughness from 0.1 to 2.0 m (figure
4.5). Instead of considering changes in the jet stream, it is reasonable to expect that perhaps
the change in surface roughness has a stronger influence on near-surface winds, such as
the estimated 10 m wind speeds. While changing albedo and evaporative resistance mostly
modifies near-surface winds over the ocean (reflecting large-scale atmospheric circulation
shifts), modifying the vegetation height on the land surface modifies near-surface wind speeds
over all the regions vegetation height was changed, by roughly 0.2 m/s per 0.5 m decrease
in vegetation height (figure 4.6).
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Pressure [hPa]
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in land albedo
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Change in 525 hPa zonal wind for an 0.04
decrease in land albedo

Figure 4.1: (a) Contours show the zonal mean zonal wind u in the baseline CESM-SLIM
simulation, while shading shows the change in zonal wind for an 0.04 decrease in land albedo.
(b) Change in zonal winds (u) at 525 hPa for an 0.04 decrease in land albedo. Orange
indicates stronger eastward (weaker westward) flow, while purple indicates weaker eastward
(stronger westward) flow. Stippling in panel b indicates regions that are not significant (do
not pass a t-test with p<0.05).
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Change in zonal mean temperature for an 0.04
decrease in land albedo

latitude

Figure 4.2: Contours show the zonal mean air temperature for the ‘baseline’ idealized CESMSLIM simulation, while shading shows the change in the zonal mean air temperature per 0.04
decrease in land albedo.
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Figure 4.3: (a) Contours show the zonal mean zonal wind u in the baseline CESM-SLIM
simulation, while shading shows the change in zonal wind for a 50 s/m increase in evaporative
resistance. (b) Change in zonal winds (u) at 525 hPa for a 50 s/m increase in evaporative
resistance. Orange indicates stronger eastward (weaker westward) flow, while purple indicates weaker eastward (stronger westward) flow. Stippling in panel b indicates regions that
are not significant (do not pass a t-test with p < 0.05).
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Change in zonal mean temperature for a 50 s/m increase in
evaporative resistnace

Figure 4.4: Contours show the zonal mean air temperature for the ‘baseline’ idealized CESMSLIM simulation, while shading shows the change in the zonal mean air temperature per 50
s/m increase in evaporative resistance.
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Figure 4.5: (a) Contours show the zonal mean zonal wind u in the baseline CESM-SLIM
simulation, while shading shows the change in zonal wind for an 0.5 m decrease in vegetation
height. (b) Change in zonal winds (u) at 525 hPa for an 0.5 m decrease in vegetation
height. Orange indicates stronger eastward (weaker westward) flow, while purple indicates
weaker eastward (stronger westward) flow. Stippling in panel b indicates regions that are
not significant (do not pass a t-test with p < 0.05).
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Figure 4.6: Change in the magnitude of 10m winds [m/s] for (a) a 0.04 decrease in albedo,
(b) a 50 s/m increase in evaporative resistance, and (c) a 0.5 m decrease in vegetation height.
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4.2.2

Hadley Circulation

As shown in chapter 3, changes in both albedo and evaporative resistance of the land surface lead to more energy being absorbed by the northern hemisphere land. This creates a
hemispheric energy gradient leading to a reduction in northwards energy transport across
the equator, and a northward shift in the ITCZ - a common response, particularly of slab
ocean models, to hemispheric energy imbalances [Chiang and Bitz, 2005a, Kang et al., 2008,
Frierson and Hwang, 2012, Swann et al., 2012].
The change in cross-equatorial energy transport results from a change in the tropical
Hadley circulation [Hadley, 1735, Donohoe et al., 2013]. The upper branches of the tropical
Hadley cell moves energy away from the equator towards the poles. An excess source of
energy in the northern hemisphere would result in an increase in energy transport southwards
across the equator (or a reduction in northwards energy transport across the equator), thus
moving towards a balance of energy between the hemispheres. The upwards portion of
the Hadley cell roughly corresponds to the region of deep tropical convection known as the
intertropical convergence zone (ITCZ). Thus, in a zonal-mean sense, a shift in the location
of the overturning Hadley cells results in a shift in the location of the upwards branch of the
Hadley cells, and a shift in the mean location of the ITCZ.
Decreasing the albedo of land over the northern hemisphere weakens the upwards branch
of the northern hemisphere Hadley cell (figure 4.7a), resulting in a decrease in energy transport towards the northern hemisphere. This is consistent with the northern hemisphere
absorbing more energy as a result of reduced albedo.
Increasing the evaporative resistance of the land surface, via strong mid-latitude low
cloud feedbacks, results in more solar energy being absorbed over portions of northern midlatitude land areas. This extra energy source to the northern mid-latitudes leads, as in the
albedo simulations, to a reduction in the upwards branch of the northern Hadley cell (figure
4.7b).
Changes in the vegetation height on the land surface change the partitioning of surface
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energy fluxes between sensible heat and longwave radiation (see chapter 3), but do not
substantially alter the total amount of energy absorbed by the land surface. As such, no
hemispheric energy gradients are created, and there is very little change in the tropical
Hadley circulation (figure 4.7c).
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Figure 4.7: Change in the meridional stream function (shading) for (a) a 0.04 decrease in
albedo, (b) a 50 s/m increase in evaporative resistance, and (c) a 0.5 m decrease in vegetation
height. Gray contours show the annual mean stream function for the baseline CESM-SLIM
simulation, where solid contours show positive values (clockwise circulation in this frame)
and dashed contours show negative (counterclockwise) circulation.
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4.2.3

Energy Flux Potential

While changes in the zonal-mean Hadley circulation are useful for interpreting shifts in
circulation driven by hemispheric energy imbalances, the actual change in energy transport
and circulation in the atmosphere are by no means necessarily equal across all longitudes.
Here, I explore the 2-dimensional pattern of changes in the energy flux potential of the
atmosphere.
Changes in individual land surface properties can – but do not necessarily – modify the
total vertically integrated moist static energy (MSE) of the atmospheric column. The MSE
of an air parcel is defined as the sum of the parcel’s potential energy (how high it is), its
latent energy (how much water it contains, thus how much energy could be added to the
parcel were that water to condense), and its energy due to its temperature. Kinetic energy
is not included, hence moist static energy. Averaged over sufficiently long time periods , the
implied atmospheric energy transport into or out of a column is approximately equal to the
difference between the total energy flux into the column at the top of the atmosphere and
at the surface (equation 4.1-4.2, as in [Trenberth et al., 2002, Boos and Korty, 2016]):
Z
∇ · FA =

ps

vh
0

dp
g

= RT + Fs

(4.1)
(4.2)

where RT is the net energy into the atmospheric column at the top of the atmosphere
(RT = SWnet,T OA − OLR), Fs is the net energy into the atmospheric column at the surface
(Fs = SWref lected,sf c + LWup + SH + LH), v is the zonal and meridional wind components
at each vertical level, ps and p are the surface pressure and pressure at each atmospheric
level, and g is the gravitational constant. SW and LW are short and longwave radiation,
respectively, while SH and LH are sensible and latent heat. h is the moist static energy
(equation 4.3),
h = cp T + gz + Lq

(4.3)
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where cp is the heat capacity of dry air, T is the air temperature, z is the height, q is the
specific humidity (moisture content), g is the gravitational constant, and L is the latent heat
of vaporization.
Changes in individual land surface properties impact the partitioning of energy fluxes
in the surface energy budget; however, this does not necessarily impact Fs . For example,
changing the partitioning between SH and LH does not directly modify Fs . Albedo directly
modifies the shortwave energy absorbed, and thus is likely to modify Fs . Evaporative resistance and vegetation height (aerodynamic roughness) do not directly modify Fs , but can
modify Fs through atmospheric feedbacks, e.g. by changing the amount of solar radiation
reaching the surface due to changes in cloud cover.
The implied energy transport into/out of each column can be used to calculate the energy
flux potential χ, where the Laplacian of χ is equal to the divergence of the energy transport
into/out of a column (equation 4.4, following [Boos and Korty, 2016]):
Z ps
dp
2
vh = ∇(RT + Fs ).
∇ χ=∇
g
0

(4.4)

The energy flux potential can be interpreted as a potential function up which energy
flows - that is, energy flows from the minimum of χ up the gradient towards high values of χ
(from blue to red in figure 4.8 a). Generally, χ has low (negative) values in the tropics and a
high (positive) at the poles, with an largest negative values centered over the region of deep
convection over east Pacific warm pool. Seasonally, χ varies such that energy generally flows
away from the summer hemisphere towards the winter hemisphere (figure 4.8 b,c). Unlike the
northward energy flux calculated in chapter 3, the energy flux potential shows the direction
of energy flow both latitudinally and longitudinally. In particular, the energy flows up the
gradient of χ, as shown by the black arrows in figure 4.8.
The energy flux equator (EFE) is the contour of zero latitudinal energy flux, while the
energy flux prime meridian(s) (EFPM) are defined as the roughly north-south contours of
zero meridional energy flux (following Boos and Korty [2016]).
In order to explicitly compare the shifts in the EFE and EFPM, rather than show results
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per 0.04 decrease in albedo, 50.0 s/m increase in evaporative resistance, and 0.5 m decrease
in vegetation height (as was done in chapter 3), results of the EFE and EFPM are instead
shown for the two edge-cases of each surface property. That is, the EFE and EFPM of the
0.1 albedo vs 0.3 albedo simulation are compared. The response of the energy flux potential
χ are shown both for the scaled response to each property (figure 4.9), and for the difference
of the edge-case simulations - which include the changes in the EFE and EFPM (figure 4.10).
There are statistically significant changes in the energy flux potential in many regions for
both albedo and evaporative resistance, with little significant change for vegetation height
(figure 4.10). The change in χ is explored for each individual surface property in the following
sections.

Albedo
The change in the energy flux potential, χ, between the 0.1 and 0.3 terrestrial albedo CESMSLIM simulations shows the effect of darkening the land surface on global atmospheric energy
transport (figure 4.11). In particular, as the land gets darker, there is a general flow of energy
away from the land (blue in figure 4.11), towards the ocean (red in figure 4.11). This is a
direct result of the land absorbing more shortwave energy, and thus putting more energy into
the base of the atmospheric column at every non-glaciated land point. Regions where the
gradient of χ is strong, such as between South Africa and the southeast Pacific, or away from
the eastern Sahara, are regions with large changes in implied atmospheric energy transport.
There is a much stronger flux of energy away from the eastern Sahara / Arabian Peninsula
region than from any other region with decreased land albedo.
Along with this large change in χ is a corresponding shift in the EFE and EFPM (colored
contours in figure 4.11). In particular, there is a westward shift in the EFPM contours particularly the EFPM over Africa and South America, and a slight northward shift of the
EFE.
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Evaporative Resistance
Changing the evaporative resistance of the land surface should not, on its own, modify the
column integrated atmospheric moist static energy. That is, in equation 4.3, changing the
evaporative resistance of the land surface would result in changes in energy leaving the land
surface as q (water) vs T (heat), but would not necessarily modify the magnitude of the
moist static energy h itself.
However, as shown in chapter 3, by modifying cloud cover, changes in terrestrial evaporative resistance can modify the total amount of energy leaving the land surface and entering
the atmosphere. By modifying how much, and in what geographical regions, energy is added
to the atmosphere, changes in terrestrial evaporative resistance drive large-scale changes in
atmospheric energy transport. In particular, increasing the evaporative resistance of the
land surface results a reduction of the energy potential function, particularly over northern
hemisphere land. That is, as evaporative resistance increases, more energy flows away from
land areas in the northern mid-latitudes (figure 4.12).
The change in χ looks like a smoothed out version of the shortwave cloud forcing field
for evaporative resistance (see figure 3.7).
Despite the change in χ being mostly a decrease in the northern hemisphere and an
increase in the northern hemisphere, there is not a strong change in the location of the EFE
- probably because the changes are relatively weak. There is a slight shift in the location of
the EFPM over the Americas, in particular near the region of strong low cloud response to
changes in evaporative resistance over south eastern North America.

Vegetation Height
Modifying vegetation height in the coupled simulations does not lead to large changes in the
total amount of energy absorbed by the land system. As such, and as seen in chapter 3, the
total amount of energy added to the atmospheric column with changes in vegetation height is
not large - rather, the partitioning of energy between sensible heat flux and upwards longwave
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radiation is modified. Changing the partitioning of energy between turbulent heating and
longwave radiation does not modify the total moist static energy in the column. Because
the total changes in MSE (from changes in surface energy fluxes) are weak, there is not a
substantial alteration to the energy flux potential, nor is there a substantial shift in the EFE
or EFPM (figure 4.13).

Energy flux potential
(mean state, CESM-SLIM)
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Annual

a

DJF

b

JJA

c

W
Figure 4.8: Energy flux potential for the ‘baseline’ CESM-SLIM simulation (albedo = 0.2,
evaporative resistance = 100 s/m, vegetation height = 0.1 m), for (a) the annual mean, (b)
the December-January-February (DJF) mean, and (c) the June-July-August (JJA) mean.
Shading shows the value of the Energy Flux Potential χ in [W], while arrows show the
direction of flow up that graident.
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Per 0.5 m decrease in Per 50 s/m increase in
vegetation height
evaporative resistance

Per 0.04 decrease
in albedo

Sensitivity of annual mean
energy flux potential

Figure 4.9: Change in the annual mean energy flux potential scaled as in chapter 3 per
0.04 decrease in albedo (top), 50 s/m increase in evaporative resistance (middle), and 0.5 m
decrease in vegetation height (bottom).

117
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masked for significance
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Figure 4.10: Change in the annual mean energy flux potential between the two boundary
simulations for each surface property. (a) shows the difference between the dark (0.1) and
bright (0.3) albedo simulations; (b) shows the difference between the high (200 s/m) and low
(30 s/m) evaporative resistance simulations; (c) shows the difference between the tall (2.0 m)
and short (0.1 m) vegetation height simulations. Stippling shows where the two simulations
are not statistically different using a two-tailed t-test and p=0.05. Magenta lines show the
EFE (solid) and EFPMs (dashed) for the first simulation listed, while green lines correspond
to the second simulation listed.
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Change in energy flux potential,
dark – bright albedo

Figure 4.11: Change in the annual mean energy flux potential between the dark (albedo
= 0.1) and bright (albedo = 0.3) CESM-SLIM simulations (shaded colors). Solid contours
show the location of the EFE, while dashed contours show the EFPMs. Magenta contours
are for the dark (albedo = 0.1) simulation, while green contours are for the bright (albedo
= 0.3) simulation.
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Change in energy flux potential,
high – low evaporative resistance

Figure 4.12: Change in the annual mean energy flux potential between the high (200 s/m)
and low (30 s/m) resistance CESM-SLIM simulations. Solid contours show the location
of the EFE, while dashed contours show the EFPMs. Magenta contours are for the low
resistance simulation, while green contours are for the high resistance simulation.
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Change in energy flux potential,
0.1 – 2.0 m vegetation height

Figure 4.13: Change in the annual mean energy flux potential between the short (0.1 m)
and tall (2 m) vegetation height CESM-SLIM simulations. Solid contours show the location
of the EFE, while dashed contours show the EFPMs. Magenta contours are for the 0.1 m
simulation, while green contours are for the 2.0 m simulation.
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4.2.4

Precipitation Shifts

Decreasing land albedo and increasing evaporative resistance over land both lead to significant precipitation changes in both the tropics and mid latitudes, while changing the vegetation height of the land surface has very little impact on precipitation (figure 4.14). Notably,
there is a northward shift of the Intertropical Convergence Zone (ITCZ) in both the albedo
and evaporative resistance cases. The northward shift in the ITCZ is stronger between the
dark-light albedo simulations than the low-high evaporative resistance simulation, and results in an intensification of rainfall over northern India that is absent in the evaporative
resistance simulations. If the increase in rainfall over northern India is entirely driven by the
increase in northwards energy transport in the albedo simulations, itself driven by the energy
imbalance resulting from more dark land in the northern hemisphere, it could be possible for
larger changes in evaporative resistance than those tested here to also lead to precipitation
shifts in northern India. This would be contingent upon a strong-enough cloud response to
the evaporative resistance leading to substantially more excess energy being absorbed by the
northern mid-latitudes than happens in the current range of experiments.
In the albedo simulations, the northward ITCZ shift only occurs over the ocean, while
there is a general intensification of precipitation over tropical land masses, in particular over
the north-western portion of South America and east-central equatorial Africa. There is also
a small increase in precipitation over the maritime continent. The tropical land areas with
increased precipitation as albedo decreases roughly matches those regions with increased latent heat fluxes in response to decreased albedo, suggesting that it is the moistening of the
air leading to the increased precipitation, rather than a change in the vertical motion over
these regions. This contrasts what might be expected from the results of Kooperman et al.
[2018], where the increased upwards motion driven by more surface warming over the maritime continent led to increased precipitation, despite less evaporation from the land surface
- because water for precipitation was abundant from the oceans in that area. However, it
would be more appropriate to compare the results of our increased resistance simulations
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with Kooperman et al. [2018], as reducing the evaporation from the land surface is comparable to vegetation closing their stomata in response to increased atmospheric carbon dioxide.
In our simulations, increased evaporative resistance does not lead to a clear precipitation
signal over the maritime continent, other than what appears to be the signature of a slight
northward shifting ITCZ.
In addition to the general northwards shift of the ITCZ, there is a reduction in rainfall
over much of the northern mid-latitudes in response to increased evaporative resistance.
This reduction in rainfall corresponds to areas of reduced low cloud cover and strong surface
warming (associated with increased solar radiation reaching the surface).
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Vegetation Height
short (0.1 m) – tall (2.0 m)

Evaporative Resistance
high (200 s/m) – low (30 s/m)

Albedo
dark (0.1) – light (0.3)

Change in annual mean daily precipitation rate

Figure 4.14: Change in the annual mean daily precipitation rate [mm/day] between the
two edge experiments for each surface property: (a) albedo, dark (0.1) - bright (0.3); (b)
evaporative resistance, high (200 s/m) - low (30 s/m); (c) vegetation height, short (0.1 m) tall (2.0 m). The magenta contours show the EFE (solid) and EFPMs (dashed) for the first
listed experiment, while the green contours show the EFE and EFPMs for the second listed
experiment. Stippling indicates areas that are not statistically significant (do not pass a twotailed t-test with p=0.05). Panels on the right show the zonal mean shift in precipitation
(note differing x-axis ranges).
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4.3

Changes in Energy Potential in an Idealized Climate Model

To build some intuition as to how changes in a single land surface property – in particular,
albedo – could be expected to impact the energy flux potential χ, here I explore the response
of energy flux potential in a more idealized climate model. In particular, I explore (i) how
the distribution of land across the globe would impact both the mean pattern of χ, and (ii)
the sensitivity of χ to changes in land surface albedo, to help explain the patterns we see in
the more complex CESM simulations.

4.3.1

Model

Specifically, I use Isca [Vallis et al., 2018], a framework developed to build upon the Flexible
Modeling System (https://www.gfdl.noaa.gov/fms/) of the Geophysical Fluid Dynamics
Laboratory (GFDL). Isca has an idealized representation of the land, atmosphere, and ocean.
The atmosphere uses an idealized moist model [Frierson et al., 2006, Vallis et al., 2018]
with a Betts-Miller convection scheme [Betts, 1986, Betts and Miller, 1986, Frierson et al.,
2007]. This model uses ‘fast condensation’; the atmosphere precipitates immediately, does
not have any explicit liquid water content, and does not have interactive clouds. As there
are no clouds in the model, the surface albedos are artificially bright, with oceans having a
prescribed albedo of αo = 0.25, and the land albedo being equal to some factor s multiplied
by the ocean albedo (αl = s × αo ). The ocean is represented by a 20 m mixed layer (i.e.
a slab ocean) with no prescribed heat fluxes (no ‘Q-fluxes’) [Vallis et al., 2018]. The heat
capacity of the land is set to 0.1 times that of the ocean [Vallis et al., 2018]. Hydrology on
the land surface is represented with a simple bucket hydrology model with a 2 m capacity,
initialized at all land points with 1 m of water [Manabe, 1969, Vallis et al., 2018].
In order to explore how the distribution and albedo of land impacts the energy flux
potential in this idealized model, I impose two idealized continental setups: one where the
whole northern hemisphere is covered with a single continent, and one where there is a single
continent covering the overlap of the northern and western hemispheres. For each continental
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setup, I run a simulation where the land is comparatively bright (1.3 times brighter than
the ocean, resulting in a land albedo of 0.325), and another where the land is comparatively
dark (with the same albedo as the ocean, αl = αo = 0.25). The land and ocean values were
chosen to follow the default ‘bucket hydrology’ example Isca setup [Isca, 2018].
I only explore the impact of changes in land albedo in these simulations, which will
directly modify the total amount of energy absorbed by the land surface. In the Isca modelsetup used here, which does not include clouds, I would not expect changes in evaporative
resistance to have a large impact on energy transport because changing evaporation from
the land surface should only change the type, not the total magnitude, of energy fluxed from
the land to the atmosphere. In the absence of cloud feedbacks to changes in resistance (as
we see in the CESM simulations), I would hypothesize changes in evaporative resistance to
have little to no impact on large-scale energy transport.
In order to further explore how land can modify energy transport, beyond simply the
change in albedo, I also run an additional set of two simulations with very small terrestrial
‘buckets’. In this case, the simulations are identical to the bright Northland and NorthWestland simulations, but instead of having a bucket capacity of 2 m, they have a substantially
reduced bucket capacity of 0.1 m.
4.3.2

“Northland” - a hemispheric continent

The Northland simulations are set up to have a terrestrial hemisphere and an oceanic hemisphere, with a terrestrial continent covering the entire northern hemisphere and an oceanic
continent covering the entire southern hemisphere. The land is brighter than the ocean, but
has a limited capacity to hold water.
Based on the difference in albedo alone, I would hypothesize that the Northland world
should have a net flux of energy from the oceanic hemisphere to the terrestrial hemisphere.
However, the additional terrestrial property of the limited capacity to hold water - thus the
limited capacity to cool evaporatively - could potentially complicate the circulation changes
expected from albedo differences only.
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Results - albedo
The annual mean energy flux potential of the Northland simulations is, as one would expect,
approximately zonally symmetric (figure 4.15). In the case where the land is brighter than the
ocean, the energy flux equator is very slightly south of the geographical equator, suggesting
an approximate balance of energy transport away from the equator to each pole, with a
very slight amount of energy being moved from the oceanic hemisphere to the terrestrial
hemisphere (figure 4.15 a). When the land is darker, and has the same albedo as the ocean,
the EFE is north of the equator, with a clearly hemispherically asymmetric pattern to the
energy flux potential χ (figure 4.15 b). In particular, in the low albedo case, there is a
clear flux of energy from the northern hemisphere to the southern hemisphere. As expected,
there is more energy flux away from the terrestrial hemisphere in the dark vs bright land
simulations (figure 4.16).
However, the annual mean energy flux potential in both the bright and dark NorthLand
simulations is surprising, and requires further discussion. The approximate balance of poleward energy transport between the southern (oceanic) and northern (terrestrial) hemispheres
in the bright NorthLand case is initially surprising. While this balance is undoubtedly in
part a coincidence due to the default land property values used here, it is none-the-less
interesting that these default values yield a roughly symmetric pattern of the energy flux
potential between the hemispheres. The terrestrial hemisphere is 1.3 times brighter than the
oceanic hemisphere, meaning it reflects 30% more solar radiation. On its own, this would
mean less energy absorbed by the northern hemisphere, and would lead me to expect energy
transport into the northern hemisphere. The land has a limited capacity to evaporate water
compared to the ocean; if the oceanic hemisphere evaporated more water and absorbed more
solar energy, I would expect the oceanic hemisphere to have more water vapour and thus
a stronger greenhouse effect - again, suggesting there should be transport from the oceanic
hemisphere towards the terrestrial one.
Thus we are left with an apparent conundrum - the brighter, drier hemisphere appears
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Figure 4.15: Annual mean surface energy flux potential χ (shading) for the Isca Northland
simulations of a bright (albedo = 0.325) northern hemisphere continent (left), and a dark
(albedo = 0.25) northern hemisphere continent (right). Vectors show the flux of energy down
the potential function. The gray line shows the coastline of the Northland continent. The
magenta (cyan) line shows the energy flux equator (EFE) for the bright (dark) simulation.

to have approximately the same energy content as the darker, wetter hemisphere. Once the
terrestrial hemisphere is made darker, energy is fluxed away from that hemisphere, suggesting
the dark terrestrial hemisphere has more energy than the oceanic hemisphere.

4.3.3

“NorthWestland” - zonal asymmetries

In the case of the Northland simulations, modifying land surface properties results in meridionally symmetric perturbations to the climate system. As we already saw in the CESMSLIM simulations, however, changing land surface albedo with realistic continental configurations results in the strongest change in energy flux potential centered over northeastern
Africa and the Arabian Peninsula. The location of this strong change in the energy flux
potential could be in part from the fact that there is a large amount of land in this region,
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Change in annual mean energy flux potential

Figure 4.16: Change in the annual mean surface energy flux potential χ (shading) between
the dark - bright Northland simulations. Vectors show the change in the flux of energy down
the potential function. The gray line shows the coastline of the Northland continent. The
magenta (cyan) line shows the energy flux equator (EFE) for the bright (dark) simulation.

which gets a lot of sunshine that is not blocked by clouds, thus modifying surface albedo has
a substantial impact on the total amount of energy in the atmospheric column in this region.
However, this region is also loosely centered between the largest land masses - Africa and
Eurasia. Most of this land sits in the Northern hemisphere. To explore how modifying the
albedo of a large land mass like Eurasia / northern Africa on the energy flux potential, here
I present the results of modifying the albedo of NorthWestland - a large continent covering
one half of the Northern Hemisphere.
Results - albedo
Introducing a hemispherically asymmetric continent leads, as expected, to an asymmetric
annual mean energy flux potential in both the bright and dark NorthWestland simulations
(figure 4.17). In particular, there is a strong energy source region along the equator in the
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eastern (land-free) hemisphere. The potential to flux energy away from this region is larger
in the bright land case than in the dark land case - which is reasonable as moving energy to
the bright land would more effectively ‘get rid’ of that energy than trying to move energy to
a comparatively energy-right dark land.
Because the terrestrial continent is no longer zonally symmetric, there are now clearly
defined energy flux prime meridians (EFPM), a minimum roughly centered over the continent
(western hemisphere), and a maximum roughly centered over the ocean (eastern hemisphere).
The energy flux prime meridian (EFE) takes on a bendy, s-like shape. The EFE is south
of the equator in the western hemisphere, reflecting the transport of energy from the ocean
towards the land, while the EFE is centered closer to the equator in the oceanic eastern
hemisphere (contours in figure 4.17). This ‘bend’ in the EFE is more pronounced in the
bright NorthWestland case than in the dark simulation - a reflection of the more intense
difference in the energy potential over the ocean vs. bright land.
It is worth mentioning that the pattern of the energy flux potential in the NorthWestland
simulations look more like the energy flux potential of the real world (see Trenberth et al.
[2002], Boos and Korty [2016]), and the energy flux potential in an idealized CESM-SLIM
simulation with all non-glaciated land set to have an albedo of 0.2 (figure 4.18). In the real
world, the ‘bullseye’ of the energy flux potential function is centered over the region of deep
convection over the west Pacific warm pool. In the idealized NorthWestland simulations, the
region of strong energy flux potential is also a region of strong upwards motion (figure 4.19).
As in the Northland simulations, decreasing the albedo the land surface results in a net
flow of energy away from the darker land surface, compared to the brighter land simulations
(figure 4.16). The “bullseye” of decrease in energy potential is not centered over the continent, however, and instead sits closer towards the equator and eastern coast of the continent.
This could give some insight as to why the strongest change in χ in the CESM-SLIM simulations isn’t necessarily centered over the area with the strongest temperature or energy
response to a change in land surface property (e.g. it is centered over Saudi Arabia in the
albedo simulations). Rather, the region of strongest change in χ appears to be a smoothed
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Figure 4.17: Annual mean surface energy flux potential χ (shading) for the Isca NorthWestland simulations of a bright (albedo = 0.325) northern hemisphere continent (left), and a
dark (albedo = 0.25) northern hemisphere continent (right). Vectors show the flux of energy
down the potential function. The gray line shows the coastline of the Northland continent.
The magenta (green) line shows the energy flux equator (EFE, solid) and energy flux prime
meridians (EFPM, dashed) for the bright (dark) simulation.

out combination of where the land forcing is strong, and where the energy potential function
χ is strong to begin with. By this hypothesis, we would expect larger changes in χ to occur
closer to the equator.

4.3.4

Conclusions from an idealized model

From these idealized Isca simulations, we gain a tidier picture of how changing land albedo which modifies the total amount of energy absorbed by the land surface, and thus the columnintegrated MSE - impacts the atmospheric energy flux potential. Decreasing the albedo of
the land surface in Northland results in an excess of energy in the northern hemisphere. As
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Annual mean energy flux potential

W
Figure 4.18: Annual mean surface energy flux potential χ (shading) for an idealized CESMSLIM simulation where all non-glaciated land albedo is set to 0.2. The EFE is shown in the
solid green line, and the EFPM in the dashed green line.

such, the EFE shifts towards the north, resulting in an increased flux of energy southwards
across the equator.
In the real world, the continents are not longitudinally symmetric. The NorthWestland
simulations show how the mean EFE is south of the equator near the continent, corresponding
to a flux of energy from the energy-rich northern hemisphere in the vicinity of the continent.
Away from the continent, the EFE is closer to the equator. Making the land darker results
in a southward shift of the EFE, with most of the shift happening near the continent. In
addition to shifts in the EFE, the NorthWestland simulations also show longitudinal changes
in energy transport, with an eastward shift in the two EFPMs. This corresponds to an
extrema in the energy flux potential focused on the south eastern portion of the continent,
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Annual mean vertical velocity
870 hpa

500 hpa

Figure 4.19: Annual mean vertical velocity (pa/s) at 870 hpa (left) and 500 hpa (right) for
the bright NorthWestland simulation.

and corresponds to an increase in energy transport latitudinally off the continent.
From these simulations, we may conclude that the largest changes in the EFE in response
to changes in land albedo happen close to the continent with the albedo change, while changes
in the EFPM can occur half a hemisphere away.
4.4

Conclusions

This chapter explored the impact of changing surface properties on large-scale atmospheric
circulation and energy transport.
From the CESM-SLIM simulations, the surface properties that substantially alter the
total amount of energy going into the atmospheric column - albedo and evaporative resistance
- result in changes to the meridional Hadley cells. In particular, increasing the total amount
of energy into the atmosphere from the land surface results in a weakening of the upwards
branch of the northern Hadley cell, and thus an overall northward shift of the zonal-mean
Hadley circulation (a shift towards the energy-rich northern hemisphere).
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Change in annual mean energy flux potential

Figure 4.20: Change in the annual mean surface energy flux potential χ (shading) for the Isca
NorthWestland simulations for dark-bright land. Vectors show the flux of energy down the
potential function. The gray line shows the coastline of the Northland continent. The magenta (cyan) line shows the energy flux equator (EFE, solid) and energy flux prime meridians
(EFPM, dashed) for the bright (dark) simulation.

Using the energy flux potential χ framework, we show that changing land surface properties not only influences zonal-mean atmospheric circulation, but also longitudinal energy
transport. Decreasing the albedo of the land surface results in an increase in energy flow
away from all modified land areas, with the strongest change in χ is strongest over northeastern African and the Arabian Peninsula. This is in part because these areas - located under
the subsiding branch of the Hadley cell - are very sunny, thus a change in albedo results in a
very large change in total absorbed shortwave radiation at the surface. The similar latitude
in the Americas has comparatively little land.
From the idealized climate model simulations using Isca, we learn that a large continent
covering half the northern hemisphere should produce a similar hot-spot in the response of
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χ to changes in albedo. However, the NorthWestland simulations had the hotspot in the
southeastern portion of the land mass, compared to the more central location in the CESMSLIM simulations. This difference points to the importance of the southwards extent of
Africa, resulting in a huge amount energy absorbed over this region, and thus a large source
of MSE with which to alter the atmospheric energy flux potential.
Changing the evaporative resistance of the land surface results in changes to the energy
flux potential in the location where cloud cover decreases in response to reduced surface
evaporation. This is consistent with the expectation than changes in χ must result from
changes in column-integrated MSE, and changes in MSE do not result from a change only
in partitioning of surface energy fluxes, but rather require and actual change in the total
amount of energy entering the atmospheric column at the land surface. This change in the
total amount of energy entering an atmospheric column only occur - in the case of changing
surface evaporative resistance - in regions with changes in cloud cover, which modify the
total amount of sunlight reaching the land surface.
Changes in vegetation height do not have a strong impact on atmospheric energy flux
potential because they do not result in large changes to the column integrated MSE. However,
decreasing vegetation height reduces the aerodynamic drag on the atmosphere, resulting in
substantial reductions in 10m winds over all modified land areas.
The ITCZ shifts to center on the energy flux equator, moving northwards in both the
albedo and evaporative resistance simulations. However, the northward shift is not equal
across longitudes - rather, the shift is strongest in locations with a strong change in the
EFE. Not all changes in precipitation can be explained by changes in large scale atmospheric
circulation and χ; the evaporative resistance simulations, which have a decrease in cloud
cover across the northern mid-latitudes, show a corresponding reduction in precipitation
beneath the northern hemisphere storm track.
By considering both the longitudinal and latitudinal changes in the flow of energy through
the atmosphere in response to changes in land surface properties, we gain an understanding
of where changes in surface properties are not only important for the climate on the land
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surface, but also where changes in land surface properties may be expected to have farreaching effects.

136

Chapter 5
REALISTIC PATTERNS OF LAND USE CHANGE:
SEPARATING THE EFFECTS OF HISTORICAL CHANGES
IN ALBEDO, EVAPORATIVE RESISTANCE, AND SURFACE
ROUGHNESS
Abstract

Humans actively manage a vast fraction of the total land area on Earth, with over 60% of
the Earth’s total land surface for pasture, fodder, and agriculture [FAO, 2000]. Much of the
land areas managed by humans have been used for centuries, but since 1850 there have been
several regions (e.g. in South America), which have been deforested to allow for agricultural
expansion, and some regions (e.g. in Europe) where forest cover has increased. The climate
signal associated with the change in land use between 1850 and 2000 have been explored using complex land surface models; however, the physical mechanisms through which historical
changes in land use have modified surface climate have not been extensively explored. Here,
I use SLIM to separate the climate effect of albedo, evaporative resistance, and vegetation
height changes associated with historical vegetation change; in this sense, SLIM provides a
diagnostic of which terms associated with vegetation change have been important for climate
since 1850. I show that the historical change in albedo associated with land use change since
1850 is the least important of the three explored land surface properties contributing to
changes in surface temperatures. Rather, changes in evaporative resistance drive the largest
and most spatially extensive changes in surface climate, while changes in the aerodynamic
roughness of the land surface (associated with deforestation) can have strong local temperature impacts. In addition to separating the effects of individual surface properties on surface
climate in SLIM, I also compare the result of changing all three surface properties to the
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difference in surface climate in CLM resulting from the historical change in vegetation. I
find that the primary driver of disagreement between the change in surface temperatures and
energy fluxes driven by vegetation change in CLM, and driven by the 3 property changes
in SLIM, is the result of a differences in latent heat flux resulting from a disagreement in
the annual mean imposed evaporative resistance between SLIM and CLM. Summer values
of evaporative resistance from CLM were used in SLIM, but the change in annual mean
evaporative resistance in CLM actually has the opposite sign as the change in the summer
value. This highlights the importance of considering the various physical properties of the
land surface that change with vegetation, beyond albedo, as factors such as changes in evaporative resistance and surface roughness can dominate the impact of vegetation change on
surface fluxes and temperatures.
5.1

Introduction

Land occupies roughly 30% of the total surface area of the Earth, vast areas of which have
been modified by humans [Vitousek et al., 1997, Ellis, 2011]. 37.4% of the total land area
of the world used for agriculture [UN Food and Agriculture Organization, 2019], with over
25% of the total land area used as managed grazing land [Asner et al., 2004]. Between 1990
and 2015 alone, 1.3 million km2 of forests were lost [UN Food and Agriculture Organization,
2019]. Between 1850 and 1990, the change in anthropogenic land use (such as deforestation)
is estimated to have released approximately 148 petagrams of carbon to the atmosphere
[Houghton, 2008, Houghton et al., 1999].
Changes in vegetation modify both energy (biogeophysical) and carbon (biogeochemical)
fluxes between the land and the atmosphere, though both the biogeophysical and biogeochemical effects of historical land use change have been found by previous studies to be small
[Findell et al., 2007, Devaraju et al., 2018]. Studies such as Pongratz et al. [2010] have separated the biogeophysical from biogeochemical effects since the year 800 to the present using
a coupled land-atmosphere-ocean model. They find that the biogeophysical effects of vegetation change are a slight cooling (-0.03 K) over the 20th century globally averaged, while

138

the biogeochemical effects (specifically, increased atmospheric CO2 associated with vegetation change) lead to a larger globally averaged warming signal (0.16-0.18 K), with only a
few specific regions experiencing cooling (ie, where the biogeophysical cooling outweighs the
biogeochemical warming) [Pongratz et al., 2010].
Previous studies, such as that by Findell et al. (2007) have found modelled historical
vegetation change to have little effect on surface temperatures or other climate variables in
the GFDL climate model [Findell et al., 2007]. Brovkin et al (2013) consider the effects
of future land use change in the CMIP5 (Coupled Model Intercomparison Project 5 [Taylor
et al., 2012]) models, under two representative concentration pathways (RCP2.6 and RCP8.5)
[Rovkin et al., 2013]. They find that the effects of land use change on climate are not
significant on a global scale, but can have significant local effects in regions where more than
10% of the vegetation changes [Rovkin et al., 2013]. In both scenarios, a common effect of
projected land-use is a reduction in carbon storage on land [Rovkin et al., 2013].
Though the net effect of historical vegetation change on climate is generally agreed to be
weak, studies disagree on the sign of the effect. For example, Brovkin et al. (2004) found a
very weak net cooling signal over land resulting from vegetation change over the last 150 years
[Brovkin et al., 2004], while Matthews et al. [2004] found a weak net warming effect from
vegetation change between 1700 and 2000. In response to the varied, and often contradictory
responses of individual models to anthropogenic land use change, the Land-Use and Climate,
Identification of Robust Impacts (LUCID) was formed to look for consistent responses to
land use across a variety of climate models [Pitman et al., 2009]. The LUCID project found
that the discrepancies between modeled responses to land use change were the result of (i)
differences in actual vegetation change implemented (though the same maps were used to
decide how to model the vegetation change), (ii) differences in the representation of crops,
(iii) the effective albedo of the land surface, and (iv) the effective evaporative resistance of
the land surface. Despite these differences, the LUCID models had some similar responses
to land use change across models; for example, most models partitioned a similar amount of
energy towards turbulent heat fluxes - though the partitioning of that energy into latent or
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sensible heat fluxes was not consistent across models [De Noblet-Ducoudré et al., 2012].
From the LUCID project and other studies, three surface properties in particular albedo, evaporative resistance, and roughness - have stood out as playing an important role for the climate effects of land use and land cover change, both in models [Bala
et al., 2007, Davin et al., 2010, Devaraju et al., 2018] and observations [Lee et al., 2011, Li
et al., 2015].
In this chapter, I explore how individual property changes associated with the change in
vegetation between 1850 and 2000 impact the coupled and land-only climate systems. The
motivation for these simulations was to explore if the importance of atmospheric coupling
in response to large-scale surface property changes, explored in chapter 3, play a similarly
important role in determining the effects of more realistic magnitudes and patterns of vegetation change. Furthermore, separating the individual surface property effects gives us a way
to quantify what about historical vegetation change has had the most impact, climatically,
on the land surface. The work presented here is similar to the Findell et al. [2007] study in
that we aim to explore the effects of historical vegetation change on climate, but differs in
that (i) we focus on separating the land-only effects (in an offline land model) from the coupled atmospheric-feedback effects, (ii) we separate the individual surface property changes
associated with the change in vegetation to isolate the impact of each property, and (iii) use
a different climate model.
Given the comparatively small magnitude of land surface change imposed (compared,
for example, to chapter 3), and the limited impact of historical land use change on climate
found by other studies (such as Findell et al. [2007]), I do not expect any individual surface
property associated with land use change to have a drastic impact on the climate system.
Rather, I aim to estimate what particular aspects of historical land use change have been
most important over the historical period, and what role atmospheric feedbacks to vegetation
change may have played over this time period.
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5.2

Methods

To test the impact of individual land surface property changes associated with historical
anthropogenic land use, I use the Simple Land Interface Model [Laguë et al., 2019] coupled
to the Community Earth System Model (specifically, the Community Atmosphere Model v5
[Neale et al., 2012] coupled to the Los Alamos CICE5 sea ice model [Hunke et al., 2013,
LANS, 2017] and a slab ocean [Neale et al., 2012]). Heat fluxes for the slab ocean are
the same across all runs, with monthly values taken from a spun-up dynamic ocean preindustrial simulation of CESM1.2 (with CAM5). The vegetation distribution maps from the
Community Land Model v5 [Lawrence et al., 2018] for the year 1850 and the year 2000 are
used in two initial runs of CESM with CLM5 coupled to CAM5 and a slab ocean.
Only the vegetation map differs between the two CLM simulations, and only the surface
properties differ between the CESM-SLIM simulations; all other parameters are held fixed.
Specifically, atmospheric CO2 is set to 367 ppm, while CH4 is set to 1760 ppb.
The CLM5-CAM5 1850 land map simulation is run initially for 30 years to allow for spin
up. At the end of the 30 years, land albedo and LAI have no drift with p < 0.05 (though the
total albedo has some drift from sea ice variability, which is not significant when p=0.06). In
addition to the coupled CLM5-CAM5 simulations with the 1850 and 2000 vegetation maps,
the coupler history information from the 1850 CLM5-CAM5 simulation is used to force two
additional offline simulations of CLM5 alone, one with the 1850 vegetation map, and one
with the 2000 vegetation map. Most of the vegetation change over this period involves a
reduction of forest and increase in grassland (figure 5.1).
For the CLM5-CAM5 simulations, two ‘hybrid’ simulations are branched from the end
of year 30; the first is just a continuation of the 1850 land map simulation, while the second
has the 2000 vegetation map imposed. The spun-up 1850 vegetation map CLM5-CAM5 simulation is run for an additional 40 years (70 total years, the first 30 of which are discarded).
The coupler history output is saved every 3 hours from the continued (last 30 years) 1850
vegetation map CLM5-CAM5 simulation, which is used to force two offline CLM only simu-
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lations, one with 1850 vegetation, the other with 2000 vegetation. Both coupled and offline
simulations are run for a total of 70 years.

Change in grassland area (2000 – 1850)

more trees

more grass

Figure 5.1: Change in the percent of each gridcell occupied by C3 grass between 2000 and
1850 in the CLM5 vegetation input file. Brown areas show regions with an increase in
grassland (typically at the loss of forests), while green areas show reduction in grassland
(typically corresponding to an increase in forest).

The two coupled CESM-CLM simulations are used to calculate the grid-cell average
albedo, evaporative resistance, and vegetation height for each grid-cell in both the 1850
and 2000 vegetation map simulations. Specifically, 4 albedo values are calculated for each
simulation (visible direct, visible diffuse, near-IR direct, near-IR diffuse). A mask is made
for areas with snow in 1850; the albedo value of those gridcells is not changed in the 2000
simulation (ie the 1850 value is used in the 2000 simulation). This is done so only albedo
changes associated with vegetation change, rather than snow cover change driven by that
vegetation change, is imposed. The vegetation height is taken as the area-weighted average
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of the vegetation height (CLM variable htop) in each gridcell.
The evaporative resistance must be back-calculated from the CLM output. In the CLM
simulations, the monthly-mean stomatal conductance at noon is saved for each gridcell
(model variables GSSU N LN and GSSHALN , the sun and shaded stomatal conductance
values at local noon, respectively). The local-noon stomatal conductance gs,sun,LN and
gs,sha,LN are converted to evaporative resistances by weighting the conductance by sunlit
and shaded leaf area, and converting units using the conversion factor (from the ideal gas
law) of 42.3 mol/m3 to go from µmolH2 0/m2 /s → s/m (equation 5.1).

 µmol mol 
∗ m3
42.3 ∗ 106
s
mol
=
rs
2
µmolH
0
2
m
gs,sun,LN ∗ LAIsun + gs,sha,LN ∗ LAIsha
∗m
m2 s
m2


(5.1)

The conversion factor 42.3 mol/m3 comes from the ideal gas law (equation 5.6), using a
L·atm
temperature of 15◦ C, the ideal gas constant R = 0.08206 K·mol
, and 1 atm of pressure.

nRT
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m
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L
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(5.6)

The prescribed evaporative resistance is capped at a maximum of 1000 s/m, to disallow
unrealistically high values. The resulting changes in albedo, evaporative resistance, and
vegetation height are shown in figures 5.2-5.3.
A total of five SLIM land cover maps are produced. One has 1850 values for albedo,
evaporative resistance, and vegetation height. One has 2000 values for albedo, evaporative
resistance, and vegetation height. The other three have 1850 values for two of the three
surface properties, with one having 2000 values for albedo, one having 2000 values for evaporative resistance, and one having 2000 values for vegetation height.
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2000 – 1850 albedo values
a

Visible direct

c

Visible diffuse
b

Near-IR direct

Near-IR diffuse
d

Figure 5.2: Difference in the prescribed snow-free surface albedo between the 2000 simulation
and 1850 simulation for (a) visible direct radiation, (b) visible diffuse radiation, (c) near infrared direct radiation, and (d) near infra-red diffuse radiation. Orange values indicate brighter
surfaces in the year 2000, while purple values indicate darker surfaces in the year 2000.

A SLIM-CAM5 simulation, with 1850 values for all surface properties, is run for 20 years
to allow for spinup (SLIM taking less time than CLM to reach equilibrium), after which the
model is run for another 50 spun-up years. The coupler history files are saved every 3 hours
from this coupled 1850 SLIM-CAM simulation, which are then used to force subsequent
offline SLIM simulations.
A total of 10 CESM-SLIM simulations are conducted - both a coupled CAM5-SLIM and
offline (forced with the coupler history information from the 1850 SLIM-CAM simulation
above) SLIM-only simulations for each of the 5 land cover maps. Each SLIM (both coupled
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and offline) simulation is run for a total of 70 years.
Table 5.1 summarizes the 10 SLIM simulations and 4 CLM simulations.
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a

b

Figure 5.3: Difference in the prescribed vegetation height between the 2000 simulation and
1850 simulation. Purple colors indicate shorter vegetation in the year 2000 vs 1850, while
orange colors indicate taller vegetation. Panel (a) has a wider colorbar than panel (b), to
differentiate where changes in forest vs. changes in shrubs occurred.
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Figure 5.4: Difference in the prescribed “lid” evaporative resistance between the 2000 simulation and 1850 simulation. Orange colors indicate higher resistance values in the year 2000,
while purple colors indicate lower resistances.

2000
1850
1850
2000
1850
2000

SLIM 2000-albedo

SLIM 2000-evaporative resistance

SLIM 2000-vegetation height

SLIM 2000-all

CLM 1850

CLM 2000

2000

1850

2000

1850

2000

1850

2000

1850

2000

2000

1850

1850

1850

height

resistance
1850

vegetation

evaporative

CAM5

CAM5

CAM5

CAM5

CAM5

CAM5

CAM5

Atmosphere

Coupled

From SLIM 1850-all coupled

From CLM 1850-all coupled

From SLIM 1850-all coupled

From SLIM 1850-all coupled

From SLIM 1850-all coupled

From SLIM 1850-all coupled

From SLIM 1850-all coupled

Dataset

Offline Atmospheric

Atmospheric Model

and the years from which their surface properties come for each simulation.

Table 5.1: Table showing the 10 SLIM simulations (5 offline, 5 coupled) and 4 CLM simulations (2 offline, 2 coupled),

1850

SLIM 1850-all

albedo

Surface Forcing Dataset Values
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The resulting pattern of imposed surface property changes in the SLIM simulations loosely
resemble figure 5.1, but each particular surface property has its own distinct pattern resulting
from the imposed vegetation change. In particular, the changes in near-IR diffuse albedo
are particularly large (and decreasing) in the Maritime Continent and south-east Asia, while
the visible direct albedo is increasing in that region (figure 5.2). The change in vegetation
over Europe results primarily in a change in near-IR albedo, not visible albedo, and a slight
increase in vegetation height. There are strong decreases in vegetation height associated with
deforestation over the Maritime Continent, eastern South America, the northern Amazon,
Central America, and eastern North America (figure 5.3). These changes in near-IR albedo
in CLM are the result of the prescribed leaf albedos for visible and nir [Lawrence et al.,
2018]. For example, a broadleaf evergreen temperate tropical tree has a visible leaf albedo of
0.1 and a near-IR leaf albedo of 0.45. In contrast, a C3 grass has a visible leaf albedo of 0.11
and a near-IR leaf albedo of 0.35. So, deforesting a tropical evergreen broadleaf forest would
result in an 0.01 change in visible albedo, and an 0.1 change in near-IR albedo - a 10x larger
change! The stem albedos also differ between CLM pfts; as such, changes in the ratio of
leaf area to stem area associated with an imposed change in vegetation cover in CLM would
also have an impact on albedo. This difference in the magnitude of change of albedo in the
visible and the Near-IR for each PFT, combined with the varying fraction of each individual
PFT in each gridcell between 1850 and 2000, drive the changes in albedo shown in figure
5.2.
Note, that the decrease in vegetation height over eastern North America, associated with
deforestation, should not be confused with the area of abandoned farmland along the eastern
seaboard of North America, which began to be reforested as European settlers abandoned
more coastal farmland for the croplands of the American Mid-West. Changes in evaporative
resistance are largest in the Maritime Continent, and along a clear boundary in northern
Eurasia associated with grass-forest transition (figure 5.4). Again, PFT-specific changes in
CLM lead to some areas having larger changes in evaporative resistance than others. For
example, the stomatal slope gs parameter (used to calculate evaporative resistance of a leaf)
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of a C4 grass is very low (1.62 µmol/m2 /s), meaning it has a high evaporative resistance,
while needleleaf evergreen temperature forests have a slightly higher gs = 2.35µmol/m2 /s
(still fairly high resistance), and broadleaf everygreen tropical trees and C3 grasses have much
higher stomatal slopes (low evaporative resitances), with gs = 4.12 and 5.25µmol/m2 /s,
respectively [Lawrence et al., 2018].
Because the differences in surface temperature between the SLIM-all simulations and the
CLM simulations associated with historical vegetation change are as large as the changes
within SLIM due to individual surface property changes, further tuning of SLIM to represent
CLM would be required to use this setup as a means of diagnosing the effects of individual
property changes within CLM. As such, for the remainder of this chapter, we instead focus
on diagnosing the effects of the individual property changes within SLIM.
5.2.1

Vegetation Change Network Maps

To explore what imposed change in vegetation occurred between 1850 and 2000 in the CLM
simulations, which result in the changes in albedo, evaporative resistance, and vegetation
height above, I break down the vegetation change into regions and individual plant functional
types (PFTs) for the CLM forcing datasets. Regions explored are shown in figure 5.5. For
each region in figure 5.5, a bar graph showing the change in each PFT is shown in figures
5.6-5.13.
From figures 5.6-5.13, we can see that while many regions experienced extensive deforestation (South America, Africa), other regions experienced primarily shifts from grasslands
to croplands (Europe, Continental Asia).
Some regions experienced large changes in C4 grass (natural, and ‘crop 2’). Notably,
both South America sees large increases in C4 grassland area.
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Figure 5.5: Maps highlighting the regions used to analyze regional vegetation change patterns. NA: North America; SA: South America; Afr: Africa; Sahel: Sahel (subregion of
Africa mask); EU: Europe (and Greenland); ConAs: Continental Asia; SEAs: South East
Asia; Ocea: Oceana.
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Figure 5.6: Change in PFTs (2000-1850) for North America.

Figure 5.7: Change in PFTs (2000-1850) for South America.
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Figure 5.8: Change in PFTs (2000-1850) for Africa.

Figure 5.9: Change in PFTs (2000-1850) for the Sahel African sub-region.
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Figure 5.10: Change in PFTs (2000-1850) for Europe.

Figure 5.11: Change in PFTs (2000-1850) for Continental Asia.
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Figure 5.12: Change in PFTs (2000-1850) for SE Asia.

Figure 5.13: Change in PFTs (2000-1850) for Oceania.
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5.3
5.3.1

Results
SLIM vs CLM

The purpose of using SLIM was to diagnose the impacts of individual surface property
changes associated with historical vegetation change on the climate system. In order to
justifiably claim we have isolate the effect of each surface property, however, it is worth
considering if SLIM can reproduce a similar change in climate as CLM when all three surface
properties associated with historical vegetation change are modified simultaneously (as occurs
in CLM).
The temperature difference for 2000 vs 1850 land cover in SLIM and CLM is shown in
figure 5.14 a,b. The difference between SLIM and CLM (figure 5.14 c) is primarily the result
of CLM having large seasonally varying evaporative resistances, and thus seasonally varying
latent heat fluxes, while SLIM imposes the same value year-round.
While the summer values for each surface property were chosen to reflect the time period
when we would expect plants to have a large control on surface energy fluxes, this unintentionally introduced one particular bias to these moel simulations. The evaporative resistance
values imposed in SLIM, from summer CLM evaporative resistance, lead to reduced evapotranspiration in regions with large changes in C4 vegetation. However, in the annual mean
of the CLM simulations, these regions actually have increased evapotranspiration, coming
from fluxes in the shoulder seasons. The regions where this effect is large are mostly in the
low and mid-latitudes, thus plants are contributing to surface fluxes not only during summer,
but also during spring, fall, and sometimes even winter.
The primary reason for the difference in surface temperatures between SLIM and CLM
(figure 5.14 c) is the difference in latent heat flux caused by the disagreement in the imposed
evaporative resistance (figure 5.16). Notably, over east-central South America, central North
America, and India, latent heat flux goes down in CLM (figure 5.16 b) but up in SLIM
(figure 5.16 a). This discrepancy results in SLIM having a large evaporative cooling effect in
these regions where CLIM does not have in the annual mean.
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a

b

c

Figure 5.14: Difference in surface radiative skin temperature between the 2000all - 1850all
SLIM simulations (top), the 2000 - 1850 CLM simulations (middle), and their difference
(bottom).
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b

c

Figure 5.15: Difference in 2m air temperature between the 2000all - 1850all SLIM simulations
(top), the 2000 - 1850 CLM simulations (middle), and their difference (bottom).

While the exact magnitude of the change in sensible heat flux from 1850 to 2000 varies
between SLIM and CLM, the general pattern of the change is comparable over most regions
(figure 5.17).
The change in net shortwave absorbed at the surface, between 1850 and 2000 (figure
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a

b

c

Figure 5.16: Difference in latent heat flux between the 2000all - 1850all SLIM simulations
(top), the 2000 - 1850 CLM simulations (middle), and their difference (bottom).

5.18), is the result both of the imposed change in albedo as well as any cloud feedbacks
that may occur in the coupled SLIM-CAM or CLM-CAM simulations. The change in net
shortwave radiation at the surface has substantial differences in pattern over India and across
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a

b

c

Figure 5.17: Difference in sensible heat flux between the 2000all - 1850all SLIM simulations
(top), the 2000 - 1850 CLM simulations (middle), and their difference (bottom).

the mid-latitudes of Eurasia.
The change in net longwave radiation at the surface (figure 5.19) reflects the difference
in surface temperature (figure 5.14).
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a

b

c

Figure 5.18: Difference in the net flux of shortwave radiation at the surface between the
2000all - 1850all SLIM simulations (top), the 2000 - 1850 CLM simulations (middle), and
their difference (bottom).
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a

b

c

Figure 5.19: Difference in the net flux of longwave radiation at the surface between the
2000all - 1850all SLIM simulations (top), the 2000 - 1850 CLM simulations (middle), and
their difference (bottom).

5.3.2

Surface and near-surface temperature impacts

With the CESM-SLIM simulations, the individual effect of each surface property on surface
temperatures and energy fluxes can be calculated.
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Albedo
The imposed historical changes in albedo where quite small, with changes of at most 0.02
over small regions, and typically much smaller changes (figure 5.2). As such, it is perhaps
not surprising that the direct effect (that is, the effect from the offline simulations) of albedo
on both radiative skin temperature and 2m air temperature, is very small (top panels of
figures 5.20, 5.21), with only a few locations in the Sahel showing a statistically significant
cooling.
In the coupled simulations, however, when the atmosphere is allowed to respond to the
change in surface albedo, a much broader portion of the Sahel shows significant cooling of
roughly 0.5 K, as does much of the Indian subcontinent, which had an increase in albedo in
visible wavelengths of roughly 0.1. The Indian subcontinent also showed a decrease (darkening) of albedo in near-IR diffuse wavelengths, but the overall cooling effect of the albedo
change shows that the albedo in visible wavelengths dominates. While there were albedo
increases (that is, a brightening of the surface in visible wavelengths) over the Maritime continent, in northern Eurasia, the western coast of South America, and parts of North America,
there is only a small region of significant cooling along the eastern coast of North America
and central/eastern South America.
However, there is a strong cooling signal of over 1K along the land areas bordering the
Arctic ocean, associated with an increase in snow cover and a loss of sea ice, which is discussed
later.

Evaporative Resistance
Temperature responses to changes in evaporative resistance are larger than those associated
with the change in albedo, and, unlike the direct cooling effect of the albedo changes, the
direct (offline model) effect of the imposed changes in evaporative resistance is to warm (center panels of figures 5.20, 5.21). Not all regions with a change in evaporative resistance show
a significant change in surface or 2m air temperatures, but the warming effect of increased
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Figure 5.20: Difference in surface (skin) temperature between the 2000 albedo (top), 2000
evaporative resistance (middle), and 2000 vegetation height (bottom) simulations and the
1850-all simulation, for coupled (left) and offline (right) simulations. Points are only shown
if they pass a two-tailed t-test with p=0.05.

resistance over the Maritime Continent and the eastern coast of tropical Africa are on order
of 0.5 K. The warming effect of increased resistance in these regions is much stronger in the
coupled simulations than in the offline simulations, suggesting that atmospheric responses
to the increase in surface evaporative resistance amplify the initial, direct warming associ-
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ated with reduced latent heat fluxes, resulting in significant surface temperature changes in
the coupled simulations in regions such as the Sahel, that were not significant in the offline
simulations.
Though there are some regions of decreased evaporative resistance across the Americas,
only a few gridcells show a significant warming effect in this region (for both coupled and
offline simulations). As with the albedo simulations, there is a small increase in sea ice
near the coast, and large increases in land snow cover in northern Canada, Siberia, and
North-central Eurasia, consistent with the pan-Arctic cooling - see section 5.3.2 for further
discussion of this phenonmenon.
Vegetation Height
The changes in vegetation height (and thus the aerodynamic resistance of the land surface)
associated with historical vegetation change have the largest - both spatially and in magnitude - impact on surface and 2m air temperatures, particularly in the coupled simulations,
of the three surface properties tested. Vegetation heigh decreased with deforestation over
most regions (except Europe) from 1850 to 2000, leading to a warming signal in surface temperatures over most regions where vegetation height decreased. Similar to the simulations
in chapter 3, the impact of roughness is stronger on the radiative skin temperature of the
land surface than on the 2m air temperature. However, over regions of strong deforestation
- in particular, in southern Brazil - statistically significant changes of over 0.5 K occur even
in the 2m air temperatures in the offline simulations. Surface temperatures show significant increases not only in southern Brazil, but also the northern tip of South America, in
Madagascar, and along the eastern coast of Africa.
The deforestation in eastern North America leads to up to 1K of surface warming in the
offline simulations, though only a small portion of the region has significant warming of 2m
air temperatures.
The coupled simulations with the imposed change in surface roughness still show a strong
signal of both surface and 2m air temperature warming over southern Brazil, but most other
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regions show cooling of 2m air temperatures. As with the albedo and evaporative resistance
simulations, there is a strong cooling signal in the Arctic. However, there is also a cooling
signal in the Sahel and in portions of central Asia. While surface temperatures warm across
much of Africa, most of the 2m air temperature change in the coupled simulations over Africa
is over the regions showing cooling. This is despite the fact that the closest vegetation change
to the cooling region of the Sahel is a decrease in vegetation height across central Africa.
However, as shown below, this cooling signal is driven by the atmosphere, rather than the
surface.
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Figure 5.21: Difference in 2m air temperature between the 2000 albedo (top), 2000 evaporative resistance (middle), and 2000 vegetation height (bottom) simulations and the 1850-all
simulation, for coupled (left) and offline (right) simulations. Points are only shown if they
pass a two-tailed t-test with p=0.05.
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Arctic Cooling
Each of the CESM-SLIM perturbed surface property simulations has a substantial reduction
in sea ice compared to the CESM-SLIM simulation with 1850 values used for all three surface
properties. The cooling signal is strongest over land (figure 5.23) in regions with increased
snow cover, but also includes the edges of the Arctic ocean, which show increases in sea ice
(figure 5.22). Because of the very simplified representation of snow in this model (e.g. it
can, and does, build up indefinitely over some high-latitude regions), the snow changes and
associated temperature changes should be considered only as an indicator of the sign of the
response of these fields, while the magnitude of this response ought to be studied with more
complex snow models.
The increased snow over west-central Eurasia is due, in part, to increased snow fall over
that region (figure 5.24), while the strong cooling signal over the northern portion of the
Canadian archipelago is the result of increased snow accumulation over that region, which
itself is likely due to the fact that snow does not melt fully off of this region in the summer
in this model. Thus the longer the model is allowed to run, the more snow can accumulate
at high latitudes; slight differences in snowfall and summer temperatures over this region
can, over time, result in substantial differences in snow cover, which in turn disallow surface
warming in summer (until all the snow is melted).
This snow accumulation is centered over a very small region - the northern Canadian
Archipelago (figure 5.25). The total accumulation of snow in this region diverges between
simulations as the run progresses, simply due to small differences is melt/accumulation rates
(figure 5.27). This accumulation of snow at high-latitudes is non-physical and requires model
tuning to eliminate.
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Figure 5.22: Difference in ice fraction (left) and snow mass (right) over the arctic between
the 2000 albedo (a), 2000 evaporative resistance (b), 2000 vegetation height (c), and combined 2000 albedo-evaporative resistance-vegetation height simulations (d) and the 1850-all
simulation, for coupled simulations. Points are only shown if they pass a two-tailed t-test
with p=0.05.
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Figure 5.23: Difference in surface (skin) temperature over the arctic between the 2000 albedo
(a), 2000 evaporative resistance (b), 2000 vegetation height (c), and combined 2000 albedoevaporative resistance-vegetation height simulations (d) and the 1850-all simulation, for coupled simulations. Points are only shown if they pass a two-tailed t-test with p=0.05.
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Figure 5.24: Difference in snowfall rate (mm/day) over the arctic between the 2000 albedo
(a), 2000 evaporative resistance (b), 2000 vegetation height (c), and combined 2000 albedoevaporative resistance-vegetation height simulations (d) and the 1850-all simulation, for coupled simulations. Points are only shown if they pass a two-tailed t-test with p=0.05.
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Figure 5.25: Annual mean snow cover in the Arctic, averaged over years 20-70 of the coupled
simulations. The left column has an extended colorbar to show where excess snow accumulates on Baffin Island, while the right column shows the more reasonable values experienced
by the rest of the region.
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Figure 5.26: Monthly mean snow cover over non-glaciated Arctic land areas in kg/m2 , for
the 1850-all simulation (green) and the 2000-all simulation (blue). The snow does not melt
in the summer and
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Competing vs. Compounding Effects
The individual surface property changes associated with the change in vegetation from 1850
to 2000 work to counteract each other in some locations, while building on each other in other
regions (figure 5.20a,b,c). For example, the individual effect of each of albedo, evaporative
resistance, and vegetation height changes from 1850 to 2000 was to cool the Sahel. In
comparison, the albedo changes over the Maritime continent caused weak cooling, while the
change in evaporative resistance caused strong warming.

Atmospheric amplification
In the offline simulations, only the local surface energy budget is able to interact with the
change in each surface property. In the coupled simulations, the local atmosphere can respond
to the surface changes, and feed back on the local surface energy budget. The coupled
simulations also allow for the possibility of vegetation changes in one location influencing
surface energy fluxes at a different location through atmospheric interactions. The total
amount of surface temperature change coming from interactions with the atmosphere, rather
than directly from the land surface in isolation, varies in pattern and magnitude for each
surface property (figure 5.28).
Interactions with the atmosphere lead to extra cooling the the case of the albedo change
associated with historical vegetation change, in particular with cooling over Africa and the
Indian subcontinent (figure 5.28a).
Atmospheric interactions - in particular, a reduction in low cloud cover - result in extra
warming in response to the increase in evaporative resistance over Europe (figure 5.28b;
figure 5.29b). The decrease in low cloud cover actually extends across much of mid-latitude
Eurasia, and occurs directly above the regions with increased evaporative resistance along
the western coast of Africa.
Atmospheric responses result in extra cooling along the Sahel in response to changes in
vegetation height. There is also a broad cooling signal from the atmosphere across most of
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Figure 5.27: Monthly mean snow cover over non-glaciated Arctic land areas in kg/m2 , for
the 1850-all simulation (green) and the 2000-all simulation (blue). The snow does not melt
in the summer and
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Figure 5.28: Difference in surface temperature between the coupled and offline simulations
for 2000-1850 albedo (a), 2000-1850 evaporative resistance (b), and 2000-1850 vegetation
height (c) simulations. Points are only shown if they pass a two-tailed t-test with p=0.05.

the North American continent, beyond that associated with sea ice loss in the Arctic.
As previously noted, each of the three individual surface property simulations result in
substantial cooling in the Arctic.
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Figure 5.29: Difference in low cloud fraction between the 2000 and 1850 coupled simulations
for (a) albedo, (b) evaporative resistance, and (c) vegetation height. Stippling indicates
regions that do not pass a t-test with p=0.05. Points are only shown if they pass a twotailed t-test with p=0.05.
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5.3.3

Effects on the surface energy budget

Albedo
The imposed change in albedo (figure 5.2) between 1850 and 2000 drives only small changes
in total absorbed shortwave radiation in the offline simulations, which ought to be the direct
effect of modifying surface albedo. Only a few locations show a statistically significant
change in absorbed shortwave radiation, such as in the Sahel region of Africa, where absorbed
shortwave radiation decreases match up with regions where the land has become brighter.
The land becomes darker over Europe in the year 2000, but this leads only to a small (nonsignificant) change in absorbed shortwave radiation in this region in the offline simulation
(figure 5.30e). The change in absorbed shortwave radiation in larger in the coupled simulation
(also corresponding to an increase in net longwave radiation at the surface), indicating that
atmospheric feedbacks are amplifying the direct surface-driven warming signal.

Evaporative Resistance
The largest changes in evaporative resistance are imposed in the tropics, associated with
changes in tropical forest cover, and along the boundary of the Arctic (figures 5.1, 5.4). The
increase in resistance leads to large changes in the Bowen ration (sensible divided by latent
heat fluxes) - however, the largest changes in sensible and latent heat fluxes do not occur
in the same place as the largest changes in resistance. Rather, the largest change in latent
and sensible heat fluxes occur over southeast Asia and the Maritime Continent - where there
were imposed changes in evaporative resistance, but the imposed changes were smaller in
magnitude than, for example, the changes in northern Eurasia.
The difference in the magnitude of change in the Bowen ratio compared to the magnitude
of imposed change in evaporative resistance is a result of the background climate upon which
the change in resistance is imposed. Such a large portion of the surface energy budget is
made up of latent heat fluxes in the Maritime Continent - because lots of water is available
on the land surface - that a change in evaporative resistance has a large impact on the surface
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energy budget. In particular, the increased resistance over the Maritime Continent results in
a statistically significant decrease in latent heat flux (less evaporation) and a corresponding
increase in sensible heat flux in the offline simulations. In the coupled simulations, there is a
similar pattern and magnitude of change in the Bowen ratio over this area (figure 5.31g,h).
Outside of Southeast Asia, the increase in evaporative resistance in northern Eurasia
results in a decrease in latent heat flux and an increase in sensible heat flux in the offline
simulations. In the coupled simulations, there is also a statistically significant increase in net
surface longwave radiation and upwards sensible heat fluxes over Europe, associated with
increased surface temperatures in that region. There is also a non-significant increase in
downwards shortwave radiation (figure 5.31a-d), associated with a statistically significant
decrease in low cloud cover over Europe (figure 5.29b). Because there was only very small
changes in evaporative resistance associated with vegetation change over continental Europe,
this change in cloud cover must either be remotely driven, or this region is particularly
sensitive to changes in surface evaporative resistance in this model.
There are also significant changes in low cloud cover over eastern Asia, and the eastern
coast of Africa. Both of these regions had substantial imposed increases in evaporative
resistance, and decreases (increases) in latent (sensible) heat flux in both the coupled and
offline simulations.
Vegetation Height
The change in vegetation height associated with vegetation change between 1850 and 2000
was strongest in southern Brazil, with other regions of deforestation including portions of
continental Africa, Madagascar, and eastern North America (figure 5.3). In the offline simulations, the imposed decrease in vegetation height leads to a decrease in sensible heat fluxes,
which are balanced by an increase in surface temperature associated with an increase in upwards longwave radiation from the surface (figure 5.32f,g). In regions of strong deforestation,
such as Madagascar and southern Brazil, there is also a very weak increase in evaporation in
the offline simulations, likely resulting from the increase in surface temperatures (the direct
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influence of reducing roughness length on evaporation should be a reduction of latent heat
flux, with all else held equal; figure 5.32h).
In the coupled simulations, the response of sensible heat fluxes and surface net longwave
radiation is weakly damped, both spatially and in magnitude, though the overall effect of
reducing vegetation height is still a decrease in sensible heat flux and an increase in upwards
longwave radiation. This dampening is similar to that observed in the global vegetation
height changes explored in chapter 3, and is associated with the impacts of vegetation height
on surface energy fluxes and temperatures being very much a surface effect, with even 2m air
temperatures not matching the surface warming pattern. However, the decrease in vegetation
height does result in an increase in 10m wind speeds (figure 5.33c).
All Properties
When all three surface property changes are imposed simultaneously, certain features of each
surface property dominate in different regions. For example, the tradeoff between sensible
and latent heat associated with changes in evaporative resistance dominates the signal in
both the offline and coupled simulations in the southeast Asia / Maritime Continent region,
but plays a less dominant role in the total signal along the African coast (figure 5.34c,d,g,h).
The decrease in vegetation height in southern Brazil remains a strong signal in both the
sensible heat flux and net longwave radiation fields(figure 5.34b,c,f,g).
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Figure 5.30: Difference in surface energy fluxes between the 2000-albedo and 1850-all simulation. Points are only shown if they pass a two-tailed t-test with p=0.05. The left column
shows results from the coupled simulations, while the right column shows results from the
offline simulations.
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Figure 5.31: Difference in surface energy fluxes between the 2000-evaporative resistnace and
1850-all simulation. Points are only shown if they pass a two-tailed t-test with p=0.05. The
left column shows results from the coupled simulations, while the right column shows results
from the offline simulations.
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Figure 5.32: Difference in surface energy fluxes between the 2000-vegetation height and 1850all simulation. Points are only shown if they pass a two-tailed t-test with p=0.05. The left
column shows results from the coupled simulations, while the right column shows results
from the offline simulations.
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Figure 5.33: Difference in 10m wind speeds over land between the 2000 and 1850 values for
(a) albedo, (b) evaporative resistance, and (c) vegetation height. Points are only shown if
they pass a two-tailed t-test with p=0.05.
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Figure 5.34: Difference in surface energy fluxes between the 2000-all and 1850-all simulation.
Points are only shown if they pass a two-tailed t-test with p=0.05. The left column shows
results from the coupled simulations, while the right column shows results from the offline
simulations.
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5.4

Conclusions

Using the pattern of historical vegetation change between 1850 and 2000, I quantify the
individual impact of three separate surface properties - albedo, evaporative resistance, and
vegetation height - on surface temperatures and energy fluxes. The changes in albedo over
this time period have been small, and don’t result in any substantial or significant direct
surface temperature effects in offline (land-only simulations) In the coupled simulations,
however, some small areas of the tropics show a significant cooling signal associated with the
imposed albedo change.
The changes in evaporative resistance associated with historical vegetation change have
a large impact on the Bowen ratio of southeast Asia, the Maritime Continent, and the
eastern coast of Africa, in both the coupled and offline simulations. Moreover, the decrease
in evaporation from the land surface drives significant reductions in low cloud cover over
Europe, eastern Asia, and the eastern coast of Africa.
The changes in vegetation height associated with historical vegetation change - notably, a
decrease in vegetation height as a result of deforestation - have a very localized cooling effect
on surface temperatures. The reduction in aerodynamic drag on the atmosphere from the
land surface also results in an increase in 10m wind speeds of up to 1 m/s, particularly over
regions with strong deforestation signals such as southern Brazil and eastern North America.
Our results support those of Devaraju et al. [2018], who used a linearized surface energy
budget approach to back out the individual contributions of albedo, aerodynamic resistance,
and the Bowen ratio to surface temperatures changes, finding the historical effects of albedo
and the Bowen ratio to have had a (very small) cooling effect on surface climate, and roughness changes to have had a small warming effect in the CCSM model (a predecessor of the
CESM model used here).
This work supports the finding of past studies [Findell et al., 2007, Devaraju et al., 2018]
that the biogeophysical effects of historical vegetation change on surface temperatures has
been small. However, while the effect of albedo on surface temperature was small across
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regions, we do find local impacts of up to 0.5 K resulting from the changes in vegetation
height and evaporative resistance associated with historical vegetation change.
Moreover, by separating the direct, land-only effect of each surface property on temperatures from the temperature change driven by atmospheric interactions, we identify regions
of historical vegetation change that have potentially altered regional atmospheric conditions.
Some regions have extra warming due to atmospheric interactions, such as the atmospheric
temperature and cloud response to modified evaporative resistance.
Though the total impact of the historical change in vegetation has been small compared
to the warming due to greenhouse gas emissions, this work demonstrates the importance
of considering all aspects of surface property changes associated with vegetation change.
Notably, the historical change in albedo is by far the least important of the three surface
properties considered for impacts on surface temperatures, as changes in evaporative resistance and vegetation heigh associated with the change in vegetation between 1850 and
2000 drive stronger surface energy flux changes and surface temperature changes than the
historical change in albedo associated with the same change in vegetation.
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Appendix A
MODEL SOURCE CODE
The source code for SLIM is publicly availably on github at the following url: https:
//github.com/marysa/SimpleLand , which contains the CESM2.1 source code modified to
run with SLIM in place of CLM.
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Appendix B
DATA AVAILABILITY
The data used to produce the figures in chapter 3 are available through Research Works,
the University of Washington Libraries digital repository, at http://hdl.handle.net/1773/
43463.

205

VITA
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